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Abstract

There was much debate recently on the mechanisms of continental convergence and related pressure–temperature (P–T)
conditions, both in modeling and petrologic community. Depending on the mechanisms of convergence (subduction, collision,
folding or RT instability) one can argue about the possibility of large-scale deviations of pressure and temperature in the accretion
prism and below it, from “reference” (i.e. lithostatic) conditions commonly used for petrologic reconstructions of evolution of
exhumed metamorphic rocks. These deviations can be caused, for example, by tectonic overpressure that, as suggested in some
studies, may be responsible for formation of UHP (Ultra High Pressure) rocks. However, overpressure in exhumation zones can be
built only in specific collision scenarios associated with plate coupling (pure shear, folding). In this study, we analyze conditions that
define various mechanisms of convergence, and consequently, of exhumation. These mechanisms can be represented as a super-
position of (1) simple shear (subduction), (2) pure shear (collision), (3) folding and (4) Rayleigh–Taylor instability. We study these
scenarios using a thermo-mechanical model that accounts for brittle–elastic–ductile rheology, surface processes, and metamorphic
changes. It appears that stable, “oceanic-type” subduction may occur in the case of cold lithospheres (TMohob550 °C) and relatively
high convergence rates (N3–5 cm/yr). Depending on the lower-crustal rheology (strong or weak), either the whole (upper and lower)
crust or only the lower crust can be involved in subduction. In case of weak metamorphic rheologies, phase changes improve chances
for stable subduction. Pure shear becomes a dominant mechanism when TMohoN550 °C or convergence rates are lower than 3 cm/yr.
Large-scale folding is favored in case of TMoho=500–650 °C and is more effective in the case of mechanical coupling between crust
and mantle (e.g., strong lower crust). Gravitational (Rayleigh–Taylor) instabilities overcome other mechanisms for very high values
of TMoho (N800 °C) and may lead to development of subvertical “cold spots.” However, it is reasonable to assume that in most cases
continental collision is initiated at oceanic subduction rate, which is rarely slower than 5 cm/yr. This rate is sufficient to drive
continental subduction during the first several Myr of collision. In this case, the subduction channel is characterized by nearly
lithostatic pressure conditions. Large-scale zones of tectonic overpressure may be built outside the channel but do not affect the
exhumed rocks. Overpressure may be built inside the channel in the short moment of its closure. We suggest that most continental
orogenic belts could have started their formation from continental subduction. This evokes small tectonic overpressures and thus deep
origin of the UHP rocks that may be brought to the surface via the suggested multi-level mechanism of exhumation.
© 2007 Elsevier B.V. All rights reserved.
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1. Introduction

1.1. Pressure in convergence zones: lithostatic or
non-lithostatic?

Pressure and the state of stress in the continental
lithosphere have been a topic of long debate since the
emergence of the gravity potential theory (e.g., Artyush-
kov, 1973; Dahlen, 1981; Fleitout and Froidevaux, 1982,
1983; England and Houseman, 1989). According to
estimates made from isostatic and also large-scale
mechanical stress models (e.g., Cloetingh et al., 1982),
gravity driven plate tectonic forces should not exceed
1012–1013 N. This yields average deviatoric intraplate
stresses on the level of 10–100 MPa, i.e. small compared
to the pressure of High Pressure (HP) or Ultra High
Pressure (UHP)metamorphism recorded in collision zones
(2–3 GPa). These estimates have lead most workers to the
conclusion that pressure conditions in the lithosphere are
not significantly different from its gravitational (lithostatic)
componentρgz (whereρ is the density,g is the acceleration
due to gravity, z is the depth). The assumption of a
lithostatic pressure gradient has allowed for simple
decoding of petrological data in terms of depth and thus
for putting forward a number of hypotheses on the
mechanisms of exhumation and collision, among them the
well known model of the critical accretion wedge (corner
flow) (e.g., Dahlen, 1981; Platt, 1986, 1993). Yet, it was
argued later (Mancktelow, 1995; Petrini andPodladchikov,
2000) that the pressures recordedbymetamorphic rocks do
not automatically reflect the depth of their formation, since
the recorded pressure can be higher or lower than the
lithostatic level. Indeed, complete pressure P is:

P ¼ 1=3rijdii ð1Þ

where σij corresponds to the components of the stress
tensor, δ is Kroneker delta, equal unity if i= j, 0 other-
wise. P thus equals mean normal or principal stress that
may be different from ρgz. In convergence settings
associated with important pure shear deformation, P
can be built up over the lithostatic pressure ρgz in stiff
zones of the lithosphere, until the differential stress
reaches the yielding limit (Petrini and Podladchikov,
2000). In brittle materials, yielding stress increases with
pressure, so a rheological feedback can be established
and total pressure will grow with compression or
decrease with extension. Petrini and Podladchikov
(2000) made the following simple analysis:

P ¼ 1=3 r11 þ r22 þ r33ð Þc1=3 r1 þ P þ r3ð Þ
hencePc1=2 r1 þ r3ð Þ ð2Þ

assuming a Mohr–Coulomb rheology with a frictional
angle ϕ, zero cohesion (Byerlee's law) and a pore pres-
sure factor a, one obtains for compression (σ3≈ρgz) from
the relation 1/2(σ1+σ3) sinϕ=1/2 (σ1−σ3)=1/2 Δσ :

Pcqgz a sin /� 1ð Þ= sin /� 1ð Þ ð3aÞ
Assuming ϕ≈30° and a=0 (dry rock):

Pc2qgz ð3bÞ
This means that in compressional environments, total

pressure may be twice lithostatic, if the material is found
in total yield state that may be reached in pure shear
deformation mode (collision, folding). In simple shear
(subduction), however, the total pressure depends on
the degree of coupling (i.e. degree of transmission of
horizontal stress) between the upper and lower plate. If
the lower plate sinks by its own, the total pressure would
be close to ρgz. Pressure deviations from the lithostatic
level can be also obtained in viscous (dynamic pressure),
elastic or visco-elastic rock. For example, ductile flow
builds dynamic pressure p (Table 1),

Pcqgzþ pwhere p ¼ 1
2

:e
A

� �1
n

exp
Q

nRT

� �
ð4Þ

In elastic rock, pressure is limited only by the amount
of strain and by the value of shear modulus.

Based on these considerations, Petrini and Podlad-
chikov (2000) have suggested that tectonic overpressure
may boost total pressure to 1.6ρgz−2ρgz. This propo-
sition implies reduction by a factor of 1.6–2 of the
possible depth of UHP exhumation (60 km instead of
120 km, 75 km instead of 150 km, and so on), and makes
the application of common shallow exhumation models
such as the accretion wedge model possible. Earlier,
Mancktelow (1995, Fig. 1b model D) has suggested that
dynamic pressure p in the subduction channel may be as
high as ρgz and thus the total pressure as high as 2ρgz.

1.2. Subduction and pressure–temperature conditions

As follows from the above discussion, the pressure
and stress state in the exhumation zones depends on the
mechanism of accommodation of convergence (pure
shear, simple shear, folding etc) and on the physical and
rheological properties of the rocks (strong or weak sub-
duction channel, upper–lower plate coupling–uncou-
pling, crustal delamination etc.). For example, Petrini
and Podladchikov's (2000) overpressure model relies on
the applicability of the Byerlee's law (Byerlee, 1978) of
brittle failure at 40–60 km depth. However, doubts exist
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in the applicability of this law below 30 km depth (e.g.,
Kirby et al., 1991). Starting from this depth, weak semi-
brittle behaviours or plasticity mechanisms such as Pierls
plasticity (Goetze and Evans, 1979) may limit brittle
strength to 0.5–0.7 GPa (Ranalli, 1995). If true, it is
impossible to reach a total pressure of 2 GPa at depths of
30–60 km, whereas the UHP rocks form at P=3 GPa
and temperatures, indicating sub-Moho depths (N700–
800 °C). Unfortunately, temperature–depth relations in
collision zones are quite uncertain so that temperature
cannot be easily decoded in terms of depth, and thus
serve as an additional constraint on the inferred
pressure–depth dependencies. Stable shear heating, for
example, may be responsible for 100–200 °C increase of
temperature in subduction channel, whereas co-seismic
heating may even result in partial melting (Turcotte and
Schubert, 2002; Gerya et al., 2008). On the other hand, if
one forgets the shear heating, temperature in the
subduction channel must be “colder” than in the normal
lithosphere at the same depth, due to the permanent
advection of cold rock from the surface. Depending on
the advection (=subduction) rate, temperature in the
subduction channel may be 100–500 °C lower than in
the normal lithosphere. This cold thermal gradient is
actually needed to preserve ductile strength and thus
integrity of the subducting plate until its crustal part
reaches the UHP depth, otherwise weakened ductile
crustal material would detach from the mantle litho-
sphere at shallower depth. Accounting both for shear
heating and advection, temperatures are unlikely to reach
800 °C in the subduction channel above 40 km depth
(normal Moho depth). Formation of HP eclogites

requires temperatures exceeding T=500 °C. In normal
continental settings, such temperature is predicted for
40 km depth, but should be found twice or three times
deeper inside the subduction channel. At TN500 °C,
most crustal rocks are ductile, have a low strength and
cannot be significantly over-pressured. Finally, it should
be not also forgotten that the temperature distribution inside
the subduction channel depends on the initial temperature
of the crustal material advected from the surface. This
temperature is affected by the dynamics of the accretion
wedge that is both cooled due to filling by cold sedimentary
material and heated due to the accumulation of radiogenic
heat sources and thermal blanketing (Stephenson et al.,
1989; Lavier and Steckler, 1997).

As mentioned above, subduction of any lithosphere
(oceanic or continental) requires that the plate remains
cold enough to partly preserve its initial strength as it
sinks into the asthenosphere. Otherwise the plate will
break-off, thicken, or drip-off due to viscous gravita-
tional (Raleigh–Taylor) instabilities. The subduction is
equivalent to a condition that the intraplate strain rate is
small so that the plate-parallel component of velocity of
the plate remains nearly constant along its length. Since
the slab push and pull forces acting on the opposite ends
of the plate are largely different, this can be only
observed if the slab stays strong at depth, i.e. has no time
to heat up and weaken due to the influx of heat from the
surrounding hot (1330 °C) asthenosphere. One can
characterize this minimal condition for stable subduc-
tion by the Péclet number Pe:

Pe ¼ u2x t=j ð5Þ

Table 1
Summary of thermal and mechanical parameters used in model calculations

Thermal Surface temperature (0 km depth) 0 °C
Temperature at the base of thermal lithosphere 1330 °C
Temperature at the base of upper mantle (650 km) 2000°±100 °C
Thermal conductivity of crust 2.5 W m−1 °C−1

Thermal conductivity of mantle 3.5 W m−1 °C−1

Thermal diffusivity of mantle 10−6 m2·s−1

Radiogenic heat production at surface 9.5×10−10 W kg−1

Radiogenic heat production decay depth constant 10 km
Thermo-tectonic age of the lithosphere 50 to 600 Myr

Mechanical Density of the upper crust 2700 kg m−3

Density of lower crust 2900 kg m−3

Density of oceanic crust 2900 kg m−3

Density of sediment 2600 kg m−3

Density of mantle 3330 kg m−3

Density of asthenosphere 3310 kg m−3

Lamé elastic constants λ, G (Here, λ=G) 30 GPa
Byerlee's law–Friction angle 30°
Byerlee's law–Cohesion 20 MPa
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where t is a characteristic time scale, ux is plate-parallel
(horizontal at surface) plate velocity and κ is thermal
diffusivity (≈on the order of 10−6 m2 s−1). The
corresponding thermal diffusion length is then ld=
(t κ Pe)1/2.

For preservation of slab strength, ld should be
significantly less than hk, where hk is the minimal thick-
ness of the strong “elastic” core preserved within the slab.

This core is needed for transmission of in-plane stresses
without breaking or thickening the lithosphere.

PeNPek wherePek ¼ uxhk=j ð6Þ

If Pe is smaller than Pek, thermal weakening prohibits
a stable subduction process. Observations of plate flexure
reveal significant plate strength in zones of oceanic

Fig. 1. a. Possible collision scenarios: simple shear in stable mode (subduction, 1), pure shear in unstable (folding, 2) and stable mode (3), unstable
pure or simple shear (Rayleigh–Taylor instability, 4). Related large-scale parameters characterising collision style, lithospheric strength and rheology:
Te, F, σ, u, De, τm, h, L, λ, ϕ Te is equivalent elastic thickness. F, σ , u are respectively the horizontal force, stress and convergence/extension
velocity, that are linked to the lithospheric strength and possible deformation styles. De and τm are respectively Deborah number and relaxation time
related to viscosity contrasts in the lithosphere. λ is the characteristic wavelength of unstable deformation related to the thickness of the competent
layers in the lithosphere. h, L are respectively the vertical and horizontal scale for process-induced topography supported by lithospheric strength,
Argand number Ar=ρghL /F. ϕ is subduction or major thrust fault angle that is indicative of the brittle properties and of the overall plate strength.
b. Various exhumation models associated with different continental subduction and collision mechanisms: (A) classical accretion prism mechanisms
for LP–LT to MP–MT conditions (Davis et al., 1983; Dahlen and Suppe, 1988; Dahlen, 1990); (B) Thrusting model, superimposed here onto
accretion prism mechanism (LP–LT to MP–MTconditions, e.g., Jolivet et al., 1994); (C) Thompson's et al. (1997) “toothpaste squeezing” high-rate
exhumation model; (D) Mancktelow's (1995) “rocket nozzle” dynamic overpressure model (LP to UHP conditions, Mancktelow, 1995); (E) pure
shear overpressure model (Petrini and Podladchikov, 2000); (F) megabuckling overpressure and exhumation model for Himalayan syntaxes (Burg
and Podladchikov, 2000); (G) rigid block UHP exhumation model (Chemenda et al., 1995); (H) and (I) multi-stage soft crust exhumation model
(LP to UHP conditions, high or low degree of metamorphism, or high or low density of the metamorphic grades, Burov et al., 2001) that may be
combined with the hot channel mechanism suggested by T. Gerya (Gerya et al., 2008).
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subduction. A typical value of the Equivalent Elastic
Thickness (EET) of the oceanic lithosphere, which is
roughly determined by the depth to the 600 °C geotherm,
is 30–50 km (e.g., Burov andDiament, 1995). By analogy
with the oceanic plates, which, as we know, do subduct,
we can assume same minimal EET value for subducting
continental lithospheres. Continental plates are character-
ized by EET values varying between 15 and 90 km (e.g.,
Burov and Diament, 1995; Cloetingh and Burov, 1996;
Burov and Molnar, 1998; Pérez-Gussinyé and Watts,

2005). Some of them thus should be strong enough to
develop oceanic-type subduction provided that other
conditions (e.g., buoyancy versus shear force balance) are
also favorable. For example, consider a convergence rate
ux of 1 cm/y. Assuming a value for hk of 50 km we obtain
Pek=15. For t on the order of a few Myr, Pe is smaller
thanPek, suggesting that subduction is improbable at such
a slow convergence rate. However, for ux=5 cm/y,
Pek=75 and Pe=400 suggesting that stable subduction is
not prohibited in this case.

Fig. 1 (continued ).
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In nature, many additional conditions must be satis-
fied to allow for development of continental subduction.
In particular, growth rates of the competing modes of
deformation (RT instability, folding, pure shear) should
be small, and the upward drag due to the buoyant crust
and viscous shear must be smaller than tectonic and slab
pull forces. The combined effect of these multiple factors
was recently assessed from numerical modeling (Tous-
saint et al., 2004a,b; Burov and Watts, 2006). These
parametric studies have shown that continental subduc-
tion can occur and remain sustained over tens of million
years if the continental lithosphere is initially cold, with a
temperature at the Moho depth less than 550 °C, and if
the convergence rate is higher than 3–4–5 cm/yr. It is
therefore reasonable to assume that after the onset of the
collision between, for example, India and Eurasia, when
the convergence rate was about 10 cm/y, (Patriat and
Achache, 1984), the oceanic subduction could be fol-
lowed by subduction of the Indian lithosphere (Toussaint
et al., 2004b).

Despite these complexities, a number of geologic and
geophysical observations point to the possibility of stable
continental subduction (e.g., Chopin, 1984). Yet, this
requires additional explanatory models. For example,
the problems related to the positive buoyancy of the
lithosphere can be circumvented if the light crust early
separates from the mantle (Cloos, 1993) or if it undergoes
metamorphic changes and becomes dense and strong
(Austrheim, 1991; Le Pichon et al., 1992; Burov et al.,
2001). Geodynamic data also suggest that during the first
millions years of transition from ocean–continent subduc-
tion to continent–continent collision, the convergence rates
are considerably higher than at later stages. For example, in
case of India–Asia collision, the convergence rate has
slowed down from the initial 10–15 cm/y during the first
10–15 Myr to less than 5 cm/y at present (Patriat and
Achache, 1984). The elevated early convergence rates
favor the initial development of continental subduction that
may be followed by a different deformation mode (pure
shear, folding, etc.) as the convergence rate slows down.

Fig. 1 (continued ).
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One can summarize the different mechanisms of
accommodation of lithospheric shortening as follows
(Fig. 1a): (1) pure-shear thickening; (2) simple shear
subduction or underplating; (3) folding (Cloetingh et al.,
1999; Burg and Podladchikov, 2000), and (4) gravita-
tional (Raleigh–Taylor (RT)) instabilities in thickened,
negatively buoyant lithosphere. The RT instabilities lead
to sinking of subvertical sections of lithosphere into the
asthenosphere (e.g., Houseman andMolnar, 1997), which
we dub “unstable subduction.” Superimposed scenarios
are also possible: for instance, “megabuckles” created by
lithospheric folding (Burg and Podladchikov, 2000) can
localize and evolve into subduction-like zones or result in
the development of Rayleigh–Taylor instabilities. On the

other hand, RT instabilities can also occur in subducting
lithosphere (Pysklywec et al., 2000).

1.3. Exhumation models

The mechanisms of exhumation of HP and UHP rocks
constitute a major geodynamic problem closely related to
the problem of P–T–t–z relations in collision settings.
These high density rocks (e.g. eclogite density may
exceed by 100 kg/m3 that of the mantle (3330 kg/m3)) are
particularly difficult to exhume to the surface by the
conventional exhumation models developed for LP and
MP exhumation. The suggested models can be roughly
sub-divided in shallow kinematically driven exhumation

Fig. 1 (continued ).
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models with overpressure and deep basically hydrody-
namically driven exhumation models with nearly litho-
static pressure.

If one accepts lithostatic pressure conditions for
subduction channel settings, then the exhumation depth
of HP and UHP rocks must exceed 80–120 km. It was
demonstrated (e.g., Platt, 1993, Fig. 1b model A) that the
most common exhumation mechanism that refers to
kinematically forced circulation in the critical wedge of an
accretional prism (Davis et al., 1983; Dahlen and Suppe,
1988; Dahlen, 1990) cannot bring metamorphic material
to the surface from depths exceeding 40 km. This
limitation is related to the fact that the accretion wedge
mechanism requires, at one side, a relatively high
viscosity, needed to drag host rocks to depth and bring
their metamorphic facies back to the surface, but on the
other side, the viscosity cannot be higher than 1019 Pa s to
permit circulation of matter and maintain a realistic ge-
ometry of the sedimentary prism (Emerman and Turcotte,
1983). At temperatures corresponding to the 40 km depth,
most metamorphic rocks have a low viscosity and it
becomes impossible to built a sufficiently high viscous
force to drag such a weak material up. As a result, some
part of the material will remain at the bottom of the
accretion prism or will be carried down with the sub-
ducting mantle. Another classical kinematic exhumation
model evokes foreland fold-and-thrust mechanisms
(Fig. 1b case D) allowing to thrust one rock unit on top
of another. Thrusting coupled with erosion may bring up
rocks only from crustal depths and thus also cannot ex-

plain HP and UHP exhumation. It is due to the limitations
of the conventional models that Mancktelow (1995,
Fig. 1B) and Petrini and Podladchikov (2000, Fig. 1E)
have suggested that HP and UHP rocks are formed at
shallow depths as a result of tectonic overpressure.

Both overpressure models, Petrini and Podladchikov's
(2000, Fig. 1b model E) and Mancktelow's (1995,
Fig. 1b, model D) require specific conditions. The first
model needs full plate coupling to build up pressure in the
exhumation zone. It is not compatible with a subduction
scenario where the lower plate “escapes” from collision
with the upper plate. In case of subduction, transfer of
horizontal stress between the plates depends on the degree
of intra-plate coupling. In the oceans, for example, the
lower plate is negatively buoyant when it arrives at the
subduction zone. It may sink without any “help” from the
overriding plate. The overpressure in such a plate is
limited to stresses caused by viscous resistance of the
asthenosphere to subduction, and thus depends on the
subduction rate u, and on the amount of subduction and
asthenospheric viscosity.

For the case of weak inter-plate coupling, Mancktelow
(1995, Fig. 1b model D) has suggested a dynamic over-
pressure model where overpressure builds up in progres-
sively narrowing subduction channel. This model works
under the assumption that channel walls are rigid and un-
deformable, and implies Bernoulli's physics for the inverse
dependence of flow pressure on channel cross-section, like
if it was a high-pressure nozzle. It was later found (Burov
et al., 2001), however, that finite mechanical resistance of

Fig. 1 (continued ).
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the channel walls does not allow for building of a sig-
nificant overpressure, since increase of dynamic pressure
automatically results in widening of the channel, and,
consequently, in restoration of the initial pressure level. In
the three-dimensional nature, a pressure rise in the sub-

duction channel would also result in lateral (out of plane)
escape of weak material resulting in equilibration of pres-
sure to lithostatic level.

Several other models (Jolivet et al., 1994, Fig. 1b
model B; Thompson et al., 1997, Fig. 1b, model C)

Fig. 1 (continued ).
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attempted to explain exhumation of metamorphic rocks
by different mechanisms. For example, Thompsons'
“tooth paste” model (e.g., Thompson et al., 1997,
Fig. 1b model C) suggests that rocks may be squeezed
up to the surface, for example as a result of closure of the
accretion prism. The model of Thompson et al. (1997) is
conceptual; it was not tested by fully coupled thermo-
mechanical models. One can suspect that this model
requires quite specific rheological properties for the
colliding blocks. The kinematic thrust- and-fold models
(Jolivet et al., 1994) exploit the possibility of detachment at
the base of the accretion prism. In this case the lower
accreted units may be folded and thrusted on top of the
upper units. Thismodel appears to be consistentwithmany
field observations but refers to LP and MP conditions.

Chemenda et al. (1995, Fig. 1b, model G) have
suggested a highly elaborated analogue model of a
collision–subduction scenario with a lithostatic UHP
mechanism, in which the rigid cold crust is initially
brought down with the subducting mantle because its
initial viscosity is high allowing for its adherence to the
subducting mantle lithosphere. Partly methamorphed but
still buoyant and sufficiently rigid crustal blocks return to
the surface when they delaminate from the mantle. The
delamination is caused by reduction of the ductile strength
of the crust as its temperature increases with depth. The
heavy UHP units are brought to the surface in solid state
with the buoyant low density matrix. Once at the surface,
the matrix is eroded exposing less erodible UHP material.
As can be seen, the key point of this model relates to the
net floatability of the exhumed crustal blocks that are
supposed to be only partly converted into metamorphic
material. The model of Chemenda has been successfully
tested mechanically. This model requires,, however, ad-
ditional validation in terms of theP–Tconditions because,
as most analogue models, it is not thermally coupled and
its P–T conditions are out of control. In particular, one
needs to demonstrate that the crustal blocks can remain
sufficiently rigid at the moment of their decoupling from
the mantle. It should be also kept in mind that phase tran-
sitions also may result in reduction of the ductile strength
and also depend on the presence of fluids, which remain a
poorly constrained factor of the subduction process. With
these reservations, one can suggest that the “rigid block
model” may work in particular settings characterized by
exhumation of small volumes of UHP rock.

In some collision settings such as the Western Alpes
(e.g., Agard et al., 2001), the amounts of exhumed UHP
material are extremely important (large volumes up to
50 km wide). This material is also strongly deformed by
ductile deformation. This excludes the possibility that
these units were exhumed as small inclusions within a

rigid matrix. For this reason, Burov et al. (2001, Fig. 1b
model H, I) have suggested an alternative thermally-
coupled numerical model, in which the subduction chan-
nel breaks into a shallow (1) and mid-depth (2) accretion
wedge and (3) a deep zone of accumulated crustal material
formed near the base of the upper plate (this zone is
dubbed “crustal pocket”). For each of these three levels
there is a specific mechanism of exhumation. The two
accretionwedge zones exhumeLP andMPpressure rocks
and also HP and UHP rocks that penetrate in the prism
with return flow in the subduction channel. This return
flow is driven both by up-thrusting of the upper plate and
small-scale convective movement in the subducted crust
and “crustal pocket” at 50–120 km depth. At this depth,
the weakened subduction channel breaks down onto two
parts, the upper and the lower one (i.e., “crustal pocket”),
separated from each other by a more or less narrow neck.
Starting from this depth, a large part of the upper and
adjacent lower crustal material does not subduct anymore,
this material is accumulated below the upper plate and
heats up due to direct contact with hot (T=1330°)
asthenosphere. Thermal expansion due to heating starts
small-scale convection in the “crustal pocket”. This
convection drives the metamorphic material back to the
intermediate crustal depths (40–50 km). From these
depths, theUHPmaterial can be exhumed to the surface in
the “normal way”, by the accretion prism mechanism.
Each stage of exhumation (convectional, lower prism and
upper prism) has its characteristic exhumation rate. The
exhumation rate characterizing the convection stage may
be slower but basically much more rapid (10–15 cm/yr)
than the tectonic convergence and uplift rates because the
ascent (Stokes) velocity is primarily conditioned by the
density contrast and viscosity. Burov et al. (2001) suggest
that this mechanism canwork for a limited amount of time
during the initial stages of continental subduction.

Recent numerically inspired UHP exhumation models
by Gerya and Stoeckhert (2005) and Stöckhert and Gerya
(2005) suggested additional exhumation mechanisms,
such as Rayleigh–Taylor instabilities in the subduction
channel, for oceanic subduction. Similar processes
may probably occur in the continents: Rayleigh–Taylor
instabilities may develop in the subduction channel due to
hydration and partial melting and propel low density
“cold plumes” ascending towards the surface (Gerya and
Yuen, 2003); back-arc or back-stop exhumation may
be partly explained by the formation of rotating rigid
“wheels” trapped into the weakened material in the sub-
duction channel (Gorczyk et al., 2006).

The “hot channel” model (Gerya et al., 2008) of
continental collision complements the multi-stage model
of Burov et al. (2001) by including a new additional
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heating–weakening mechanism, in which the subduct-
ing crustal material may be over-heated by several
sources such as viscous shear heating and radiogenic
elements brought to depth with sediments. In this model,
heating is also associated with flow of aqueous fluids
relieved by rapid dehydration (deserpentinization) of the
overriding mantle lithosphere that has been hydrated
during previous subduction stages. The channel can
penetrate along the plate interface down to the bottom of
the lithosphere of the overriding plate (150–200 km) and
is characterized by metamorphic temperatures reaching
700 to 900 °C. The low effective viscosity of rocks
caused by increased temperature, partial melting and
fluid infiltration permits profound mixing of hydrated
mantle and crustal rocks. The hot channel exists during
the early stage of collision only, but rapidly produces
large amounts of ultrahigh-pressure, high temperature
rocks. Further collision closes the channel through
squeezing rheologically weak, partially molten, buoyant
rocks between the strong lithospheric mantles of the two
colliding plates.

The specific features of the Burov et al. (2001) and
(Gerya et al., 2008; Burg andGerya, 2005)models refer to
the proposition of several stages, or levels, of exhumation,
with different exhumation rates at each stage/level. These
models predict high exhumation rates at depth thatmay be
several times higher than the horizontal convergence rate
or denudation rate at the surface. The predicted rates
reach, for example, 10–15 cm/yr in the Alpine context
where the average convergence rates are less than 1 cm/y
and even the initial convergence rates were unlikely to be
higher than 3–5 cm/yr (Burov et al., 2001; Yamato et al.,
2007a,b).

Finally, Burg and Podladchikov (2000, Fig. 1b
model G) have suggested a specific exhumation model
that implies megabuckling of mechanically coupled
strong colliding plates. In thismodel, there is no upper and
lower plate but the crustal rocks are brought down within
a gigantic anti-cline formed as a result of a compressional
instability. These rocks are then exhumed to the surface by
denudation processes and possibly by squeezing like in
Thompson's model. The possibility of megabuckling or,
more general, of “symmetric” collision, was also dis-
cussed in Burov et al. (1990) and Cloetingh et al. (1999).
However, this kind of scenario might be limited to quite
specific places in theworld such asHimalayan syntaxes or
Tien–Shan.

1.4. Collision–subduction models and their drawbacks

The multitude of factors influencing continental col-
lision justifies a modeling approach (e.g., Chemenda

et al., 1995; Pysklywec et al., 2000; Doin and Henry,
2001; Gerya et al., 2002; Sobouti and Arkani-Hamed,
2002). However, not all existing models are satisfactory.
The analoguemodels are imperfect because of rheological
simplifications, poorly controlled thermal coupling and
because of the practical impossibility of reproduction of
phase changes. The numerical models are often limited by
simplified visco-plastic rheologies (e.g., Pysklywec et al.,
2000) or by the rigid top upper-boundary condition, that is
often used instead of natural free-surface boundary
condition. The use of a fixed upper-boundary condition
forces stable subduction (Doin and Henry, 2001; Sobouti
and Arkani-Hamed, 2002), attenuates pure shear, cancels
folding and does not allow for consistent prediction
of topography evolution. Many studies simply force a
specific convergence mode, for example, subduction, via
prescription of strongly favoring boundary conditions,
which is sometimes done in physically questionable
way by putting an additional boundary condition (e.g., “S-
point”) inside the model (e.g., Beaumont et al., 1996;
Beaumont et al., 2000). Some other models favor pure
shear collision by including a weak zone in the plate
shortened in the direction opposite to the pre-imposed
mantle flow (Pysklywec et al., 2002).

Consequently, it is important to implement new type of
models, which (1) allow for all modes of deformation and
(2) account for realistic rheology and thermal evolution.
The goal of this paper is to study various factors con-
trolling continental collision and P–T conditions by using
most adequate thermo-mechanical models. For that,
we suggest a model that combines (1) a free surface
boundary condition and surface processes (true topogra-
phy); (2) realistic brittle–elastic–ductile constitutive
model and structure; (3) full phase changes (density and
rheology). Such models were developed only recently
(Burov et al., 2001; Gerya et al., 2002; Toussaint et al.,
2004a,b; Burg and Gerya, 2005; Stöckhert and Gerya,
2005). In this particular study we search for upper bounds
on the parameters controlling the continental subduction
and thus UHP–HP exhumation. We consider the early
stages of continental plate collision when subduction is
assisted by high convergence rates and by the downward
pull of the subducted oceanic slab.

2. Numerical model

We extended the Paro(a)voz code (Poliakov et al.,
1993, Appendix) based on the FLAC (Fast Lagrangian
Analysis of Continua) algorithm by Cundall (1989). This
“2.5 D” explicit time-marching, large-strain Lagrangian
algorithm locally solves Newtonian equations of motion
in continuummechanics approximation and updates them
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in large-strain mode. The particular advantage of this
code refers to the fact that it operates with full stress
approximation, which allows for simple and accurate
computation of total pressure,P, as a trace of the full stress
tensor. The solution of these equations is coupled with
constitutive and heat-transfer equations. Parovoz v9 also
handles explicit elastic–ductile–plastic rheologies, free-
surface boundary condition, full metamorphic changes,
and surface processes (erosion and sedimentation (Avouac
and Burov, 1996)). In Parovoz v9, the Lagrangian moving
grid is backed by a much denser passive marker
grid (in this study, 9 markers per grid element), which
allows for diffusion-free interpolation of grid values,
specifically stresses, between remeshings, as well as to
track trajectories of selected particles to construct synthetic
P–T–t paths.

3. Numerical problem setup

In the first series of experiments, we tested the classical
case of stable oceanic subduction (Fig. 2a, top), where an
oceanic plate subducts at a rate of 6 cm/yr below a
continental plate (Yamato et al., 2007a). These ex-
periments target the oceanic phase of the Alpine collision
and are aimed, in particular, to test the idea of the pos-
sibility of tectonic overpressure in classical subduction
settings, with account for density and rheological changes
resulting from mineralogical phase transitions in the
accretion prism and downgoing lithosphere. In these
experiments, the thermo-mechanical model was fully
coupledwith a thermo-dynamicmodel using the reference
thermodynamic algorithm THERIAK (De Capitani,
1994, see Appendix) that predicts mineralogical phases
and their density by minimizing Gibbs energy for P–T
conditions from the thermo-mechanical model (Parovoz).
The changes in the physical properties are then re-iterated
back to Parovoz.

3.1. Mechanical and thermal boundary conditions for
oceanic subduction model

The choice of the mechanical boundary conditions
follows the tradition of compatibility between the nu-
merical and analog models. The upper boundary con-
dition is a free surface. The lateral boundary conditions
are kinematic (horizontal velocities). The Winkler's hy-
drostatic pliable bottom is used as the bottom boundary
condition, in a slight difference from the rigid bottom
condition used in analog models. This condition allows
to reduce the vertical size of the model by up to 25%
while keeping virtually the same behavior in the upper
(lithospheric) domain. Semi-free Winkler's boundary

condition at the bottom and high competence contrast
between the lithosphere and the underlying mantle
ensure that the application of a constant horizontal
velocity at the vertical borders does not prevent or assist
a particular convergence mode: for the values of the sub-
lithosphere mantle viscosity on the order of 5×1019–
1×1020 Pa s, the deep mantle flow induced by the
movement of the boundary produces negligible stresses
at the base of the lithosphere. These stresses are below
the threshold level of 0.1–0.01 MPa, which yields a
mantle drag force per unit length of less than 1010–
1011 Nm−1, i.e. 100 to 1000 times less than the slab push
or pull force. In the subduction zones, the downward
translation of a cold slab material produces complex
thermal structures (Royden, 1993; Davies, 1999). To
account for this complexity, in our model, the initial
thermal structure relies on the oceanic plate cooling
model for the oceanic part of the model (right side,
Fig. 2a), while the continental part (left side) is based on
the continental plate cooling model (Parsons and Sclater,
1977) with a thermotectonic age of 160 Ma. The corre-
sponding thermal boundary conditions include zero flux
in lateral direction, and fixed temperatures at the upper
surface and the bottom of the model. For the entire
model, the initial thermal distribution is computed from
combination of the plate cooling models (oceanic or
continental) for the upper lithospheric part with the
adiabatic thermal gradient for the underlying mantle. We
initially solve the plate cooling problem assuming
T=0 °C at the surface and T=1330 °C at the bottom of
the lithosphere. The initial adiabatic temperature gradi-
ent in the underlying mantle is computed by equalizing
the temperature at its top with the temperature at the
bottom of the lithosphere (1330 °C) and by adjustment
the mantle heat flux in a way that the temperature
at the bottom of the upper mantle (650 km depth) fits
2000±100 °C (e.g., Turcotte and Schubert, 2002). We
re-adjust the initial thermal thickness and, if necessary,
the age of the plate to equalize heat fluxes at the mantle–
lithosphere boundary. We control both the values of the
surface and mantle heat flux to ensure that they fall in
the expected range (30–80 mW m−2 at the surface and
10–30 mW m−2 in the mantle depending on plate age
and thickness). The initial bottom and surface tempera-
tures and zero lateral heat flow are kept fixed during the
further computations. The particular difficulty of thermal
computations in the accretion prism refers to the fact that
the thermal conductivity in sedimentary materials varies
from 1 to 5 W m−1 K−1, with low values for shales and
sandstones (∼1,2–4,2Wm−1 K−1) and higher values for
limestones and dolomites (2–5 W m−1 K−1) (Turcotte
and Schubert, 2002). The value used in standard (Std)
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simulation is 2 W m−1 K−1, but a twice higher thermal
conductivity was also tested in the high thermal con-
ductivity (Htc) experiment.

3.2. Mechanical and thermal boundary conditions for
continental subduction model

In the second part of this study, we test continental
collision assuming commonly referred initial scenario

(Fig. 2a, bottom). In this scenario, a rapidly subducting
oceanic slab first entrains a very small part of a cold
continental “slab”. In the model setup, there is no pre-
imposed continental subduction. Instead, we pre-define a
major thrust fault created by the preceding oceanic sub-
duction and assume that the oceanic slab is still attached to
the lower continental plate at the onset of the continental
collision. The initial convergence rate equals the rate
of the preceding oceanic subduction (two-sided initial

Fig. 2. a. Model setup. Numerical grid is composed of 1×1 km (oceanic experiments, top) or 5×5 km quadrilaterals (continental experiments,
bottom). The upper boundary condition is a free surface combined with surface erosion and sedimentation in case of continental lithosphere. The
bottom boundary condition is pliable Winkler basement. The lateral boundary conditions are velocities. The brittle–elastic–ductile rheology is
different for the upper crust, lower crust, mantle lithosphere, slab, sediments, asthenosphere and deep mantle (Table 1, Fig. 2b). The model eclogites
have the same rheology as the upper crust, but higher density (3400 kg/m3). b. Representative thermal and rheology profiles for continental
lithosphere as function of thermo-tectonic age. EET is Equivalent Elastic Thickness, proxy to the integrated strength of the lithosphere. Initial
geotherms (left) and associated rheological strength profiles (middle and right) are computed for lithosphere with a 40-km-thick crust, deforming at a
strain rate of 10−15 s−1. Middle (1): Weak lower crust. Right (2): Strong lower crust. Black line: cold lithosphere (thermotectonic age=450 m.y.,
TMoho=400− 450 °C); black dashed lines: intermediate lithosphere (150 m.y., 550 °C); gray line: hot lithosphere (75 m.y., 650–700 °C); gray dashed
line: very hot lithosphere (25 m.y., 1000 °C).
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Fig. 3. a. Fully consistent oceanic subduction experiments equivalent to those published in (Yamato et al., 2007a), for the case of an oceanic plate
subducting below a 160 Myr old continental lithosphere. This experiment referred below as “Std” implements thermo-dynamically consistent phase
changes. Densities for all material phases are computed using the algorithm THERIAK (De Capitani, 1994; Table 1, Appendix). Squared zones show
the position of zoom area shown in (b). Shown at the bottom are the assumed rheological profiles, for the continental (left) and oceanic plate (right).
The profiles were derived for the mentioned thermotectonic age under assumption of quartz-rich upper continental crust, diabase lower crust, and
olivine mantle (Table 1). Olivine is used for the entire oceanic lithosphere. b. Zoom to the subduction channel, for the experiments shown in
(a). Marker field at 5 Myr (middle) traces the movements of the particles, which allows to trace P–T–t paths at each moment of time (bottom). In this
model, exhumation of HP rocks was achieved at 10–13 Myr under assumption of low viscosity of the serpentinite layer. All markers used for the
construction of the P–T–t paths were initially located in the normal (un-subducted) oceanic sediments (the uppermost 2 km layer of the crust).
c. Pressure evolution in subduction channel for the experiments of Fig. 3 (Yamato et al., 2007a). Evolution of complete pressure as a function of depth
is shown for experiments on oceanic subduction (Fig. 3). Within the accretion wedge i.e. above the bottom of the accretion wedge, there is no
significant over- or under-pressure occurs, except for the experiment “Pel” (see below). At 80–100 km depth the presence of small over- and under-
pressure can be attributed to variation in the thickness of the subduction channel and bending of the slab. Initial geotherms and associated rheological
strength profiles for continental lithosphere (upper plate) are computed assuming a 35-km-thick crust. “Std” refers to pressure data for the reference
experiment from (a). In order to test the influence of sediment density and bulk composition on the behavior of the accretion wedge, two different
pelitic assemblages were considered (e.g., Spear, 1993). The first one is richer in Al and corresponds to a Garnet–Chlorite–Chloritoïde simplified
assemblage used in the Std simulation. “Pel” is a Garnet–Chlorite–Biotite simplified assemblage. This pelite density is computed in the “Pel”
simulation and is slightly denser than the reference; the experiment “Ta_250” corresponds to one with 250 Ma old continental plate; “Htc” is the
experiment with double thermal conductivity of sediment; experiment “Vis_m” explores a configuration with stronger lithosphere, in which A of the
lithospheric mantle was reduced by a factor of 10. In order to test the influence of the sediment viscosity on the behavior of the accretion wedge, the
pre-exponential material parameter A was multiplied by a factor of 10 in the experiment called “Vis_s”. In the experiment “Qtz”, lower crust was
quartz dominated; in the experiments “Hvel” and “Lvel”, convergence rate for respectively twice and half of the convergence rate used in the
reference experiment “Std”. d. Exhumation rates for the experiments shown in (c). The colors of the curves correspond to the colors used for different
experiments described in caption to (c). Note two-stage character of exhumation. Initial exhumation rates are basically higher than on later stages.
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closing rate of 2×3 cm/yr during the first 5–10m.y.). This
rate (6 cm/yr) is on the order of the smallest present
day oceanic subduction rates; it is also smaller than the
average convergence rates deduced for some active
continental collisions such as the India–Asia collision
(2×4 to 2×5 cm/yr during the first 10 m.y. (Patriat and
Achache, 1984). The initial thermal distribution is com-
puted from the continental plate cooling model (Parsons
and Sclater, 1977) assuming the same boundary condi-
tions as for the oceanic experiments: fixed temperatures at
surface and the bottom of the lithosphere (0 °C and
1330 °C, respectively) and zero outflow at the lateral
sides. As before, we assume adiabatic temperature
gradient for the upper mantle, which bottom is supposed
to be at 2000 °C.

3.3. Rheological structure

For continental and oceanic collision models, we use
commonly inferred crustal structure and rheology para-
meters derived from rock mechanics (Table 1, Burov
et al., 2001). As in nature, the topography growth is
limited by surface erosion, which is modeled using dif-
fusion erosionwith diffusion coefficient of 500m2 yr−1 to

1000 m2 yr−1 (Burov et al., 2001). For continental col-
lision, as for the case of the upper plate in the experiments
on oceanic subduction, the initial geotherm is derived
from the common half-space model (e.g., Parsons and
Sclater, 1977).

3.4. Variable model parameters

The universal controlling variable parameter of all
experiments is the initial geotherm, or thermotectonic
age (Turcotte and Schubert, 2002), identified with
the Moho temperature Tm (Fig. 2b). The geotherm or
age defines major mechanical properties of the system,
e.g., the rheological strength profile. By varying the
geotherm, we account for the whole possible range
of lithospheres, from very old, cold, and strong plates
to very young, hot, and weak ones. The second vari-
able parameter (for continental models) is the com-
position of the lower crust, which, together with the
geotherm, controls the degree of crust–mantle cou-
pling. We considered both weak (quartz dominated) and
strong (diabase) lower-crustal rheology and also weak
(wet olivine) mantle rheology (Table 1). Although we
mainly applied a convergence rate of 2×3 cm/yr, we

Fig. 3 (continued ).
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also tested smaller convergence rates (two times
smaller, four times smaller, etc.). We tested the in-
fluence of most important methamorphic changes such
as crustal eclogitization (at PN1.5 GPa and TN550 °C,
see Table 1).

4. Oceanic subduction: fully thermo-mechanical
and thermo-dynamically coupled experiments

As the mechanism of the oceanic subduction is
not a subject of discussions itself, the main goal of the

Fig. 3 (continued ).
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“oceanic” experiments was to test P–T conditions in a
fully-consistent model that accounts for all, realistic
rheology, thermo-mechanical and thermodynamic cou-

pling. In the model (Fig. 3a), the oceanic crust is
being transformed at corresponding P–T conditions
(Pb15 kbar; Tb500 °C) to a weak serpentinite layer

Fig. 4. Example of the model of continental collision and UHP exhumation in the Alpine collision context (Burov et al., 2001). The experiments refer
to a slow convergence (6 mm/y) assuming that the continental lithosphere has been initially driven to the UHP depth (150 km) by the oceanic slab.
With that assumption, the experiments show that once initialized, subduction may continue for 30–50 Myr. The convergence rate of 6 mm/y
corresponds to the value that could be inferred for the Alps at the onset of collision, 5–10 Myr after the end of the preceding oceanic subduction.
Surface topography is controlled by the erosion and sedimentation processes modeled using the linear diffusion erosion with a coefficient of diffusion
of 500 m2/y (this value corresponds to stable mountain growth for given shortening rate, according to Avouac and Burov (1996)). The rest of the
model design corresponds to the description provided in the section “Numerical model”, yet, with the important difference that in this particular case
the continental subduction was prescribed from the beginning because the experiment was mainly focused on the mechanisms of exhumation of HP
and UHP rocks and also tested the stability of the continental subduction process. The thermo-tectonic age of the lithosphere is 150–175 Myr, similar
to the age used for the oceanic phase of subduction in the experiments shown in Fig. 3 (see the section “Numerical model” for more details). Shown
are the material phase field, effective shear stress, velocity field, and topography evolution through time. The provided snapshot corresponds to 7.7 m.y.
since the beginning of the experiment, when the exhumed UHPmaterial started to arrive to the surface. Note that the images are cut from below following
the grid elements that were initially at a 250 km depth.

194 E. Burov, P. Yamato / Lithos 103 (2008) 178–204



Author's personal copy

(with effective viscosity cut off at 1018 Pa s), which
results in a strength drop to fractions of MPa. We also
assume that the fluid pressure is present in the ser-
pentinite layer. This reduces its brittle strength by nearly
a factor of 2. The ductile and brittle weakening in the
serpentinite layer assures lubrication of the subduction
channel. The thermodynamic part of the model
continuously computes possible phase transforms as a
function of P–T conditions. The corresponding density
changes are re-iterated into the thermo-mechanical
code. Unfortunately, the lack of data on the rheology of
the metamorphic facies does not allow us to do the same
for the associated rheological changes. Only few known
rheology changes are implemented: the rheology of
serpentinite and of eclogite. For other metamorphic
facies, we supposed that their rheology is not different
from the rheology of the initial rock.

The previous section describes the numerical setup
of the experiments. The Fig. 3 shows the results of
the reference experiment “Std “ (see previous section).
This experiment demonstrates stable character of
subduction and of the geometry of the accretion
wedge (Fig. 3b) as well as of the shape of the predicted
P–T–t paths. It also confirms the previous ideas that
the thickness of the accretion wedge cannot exceed
certain critical depth (40–60 km). After growing to this
critical size, the sedimentary wedge separates onto the
“upper prism” (or wedge) and a deep crustal pocket
(see snapshots at 10 and 15 Myr, Fig. 3a). This
phenomenon was previously demonstrated by Burov
et al. (2001) for the continental phase of Alpine
collision. The deep crustal pocket presents a source for
exhumation of HP and UHP rocks. It is noteworthy that
the predicted pressure conditions in the subduction
channel do not significantly deviate from the lithostatic
gradient (Fig. 3c). Little under-and over-pressures
occur in the subduction channel at depths N80 km.
Some insignificant overpressures (b20%) were also
obtained at 40 km depth and refer to the bottom of the
accretion wedge. It is also important that the ex-
humation rates are initially significantly higher than on
later stages (Fig. 3d).

5. Continental collision. Experiments with a weak
lower crust or mantle

Preliminary studies of continental collision in the
Western Alps (Burov et al., 2001) have shown (Fig. 4) that
continental subduction, once initialized, may continue for
a quite a long period of time and result in multistage UHP
exhumation described in the Introduction (see also
Fig. 1b). These experiments, shown in Fig. 4, refer to

slow convergence rate (6 mm/y) assuming that the con-
tinental lithosphere has already subducted to the UHP
depth before the onset of the experiments. Since the
viability of this wishful assumption needs verification, in
the following sections we present more advanced
experiments where subduction of the continental litho-
sphere was not predefined (Fig. 2a). These numerical tests
have also confirmed the idea (see Introduction) that a
minimal initial convergence rate on the order of 3–5 cm/yr
is needed for initialization of the continental subduction,
and that it can be progressively reduced to 10 mm/yr
within several My, with subduction still active.

5.1. Influence of the thermotectonic age or geotherm

In this set of experiments (Fig. 5 experiments “C”) we
assumed common weak (quartz-dominated) lower-crustal
rheology (“jelly-sandwich” rheology), relatively high initial
convergence rate (2×3 cm/yr), and no phase changes. We
also tested alternative “crème brulée” rheology profiles
(Burov and Watts, 2006) with strong lower crust (dry
diabase) and weak wet olivine mantle rheology. Several
types of collision scenarios were revealed as a function of
thermotectonic age (geotherm) and rheology profile:

5.1.1. Cold geotherm (Tmb450 °C, “jelly sandwich”)
An initially cold geotherm allows the collision to

evolve into stable, oceanic-type subduction (Fig. 5,
thermo-rheological profile “C1”). Almost all shortening
is accommodated by subduction both of the continental
lower crust andmantle.Because of lowMoho temperature,
the lower crust is highly resistant to decoupling and keeps
“welded” to the lithospheric mantle. It can be dragged to as
deep as 250 km depth in spite of its positive buoyancy.
However, themechanical resistance of themajor part of the
upper crust remains lower than the buoyancy-induced
stresses. It early separates from the lower crust and remains
at surface or mid-crustal depth, only small amounts of the
upper crust are dragged to the depth.. In these experiments,
crustal material is brought down to important depths
(N120–150 km) allowing for UHP and HP metamor-
phism. This experiment closely resembles the experiment
of Toussaint et al. (2004a) that modeled the India–Asia
collision, but for rheology parameters adopted in Burov
and Watts (2006). Fig. 6 shows formation of thrust-and-
fold structures that are conditioned by the crust–mantle
decoupling and resemble those typically observed in the
field. This process explains eventual complexity of the
recorded P–T–t paths. Fig. 7 shows non-lithostatic pres-
sure field in the upper 250 km of the model. As can be
seen, the subduction channel does not manifest any sig-
nificant overpressure. Underpressure zones due to bending
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of the lower plate are observed down to the depth of 100–
150 km. Overpressure builds up in the mantle lithosphere
only outside the subduction channel. This suggests that
pressure recorded by the UHP–HP rocks exhumed in this
context will correspond to the lithostatic pressure thus
allowing to estimate their burial depth.

5.1.2. Intermediate geotherm (Tm=450–600 °C, “jelly
sandwich”)

Stable subduction of the lithospheric mantle leads the
lower crust to decouple from the mantle (Fig. 5, thermo-
rheological profile “C”). For the intermediate geotherms,
shortening is still largely accommodated by subduction,
but the positively buoyant lower crust separates from the
negatively buoyant lithospheric mantle and stagnates at
some intermediate level (between 100 and 200 km),
sometimes forming a double crustal zone (possible
analogy is Northern Apennines, Ponziani et al., 1995).
The crustal channel is divided onto the accretion prism
and a lower crustal “pocket”. The geometry of the down-
going lithospheric mantle is affected by the ascent of the
buoyant lower crust: the slab adopts a very low angle of
subduction. As a consequence, the oceanic slab detaches
and sinks into the deep mantle. Small-amplitude
(1000 m) long-wavelength (350–400 km) lithospheric
folding also accommodates some part of the shortening,
specifically in the upper plate. The crustal material is
brought down to 100–120 km depth allowing for UHP
and HP metamorphism.

5.1.3. Hot geotherm (Tm=600–700 °C, “jelly sandwich”)
Subduction and pure-shear thickening (Fig. 5, thermo-

rheological profile “C−1”) are the results of collision
under the conditions of a hot geotherm. At a Moho tem-
perature of 650 °C, pure-shear thickening and moderate-
amplitude (1500 m) lithospheric folding (wavelength
200–250 km) accommodate a significant part of short-
ening. This behavior is a result of the thermally induced
weakening of the lithosphere that makes volumetric
thickening mechanically easy. The base of the overriding
lithospheric plate also weak as well and can be dragged
downward with the sinking lower plate. The crustal

material basically does not arrive to depths larger than
60–80 km.

5.1.4. Very hot geotherm (“jelly sandwich”) or weak
mantle (“crème brulée”, TmN750 °C for weak lower
crust and dry olivine mantle, or TmN600 °C for wet or
dry diabase lower crust and wet olivine mantle)

Pure-shear thickening and RT instabilities (Fig. 5,
thermo-rheological profiles “D” and “B” dubbed “crème
brulée” (Burov and Watts, 2006) result from very hot
geotherms. For such a hot, weak lithosphere, stable sub-
duction and lithospheric folding are impossible: conver-
gence at the borders is entirely accommodated by pure-
shear thickening and RT instabilities. Because of high
temperatures, the effective viscosity at the base of the
lithosphere is reduced, whereas its density is still higher
than that of the asthenosphere; these two factors promote
rapid (in b1 m.y.) development of RT instabilities. The
slab thins in a “chewing gum” manner, and a “cold spot”
forms (possible natural examples: Vrancia body in the
Romanian Carpathians, e.g., Wenzel, 2002; Cloetingh
et al., 2004). The rate of “subduction” in this case is not
controlled by the convergence rate but by the internal
growth rate of the RT instability. We call this style of
deformation “unstable subduction.”. In the conditions of
these experiments, the crust is not brought down to any
important depth (i.e. below 40 km).

5.2. Influence of convergence rate

At smaller convergence rates (b5 cm/yr), continental
subduction is still possible in “cold” cases (TMohob
450 °C), whereas for intermediate-temperature and hot
lithospheres, internal shortening dominates as a conse-
quence of more effective conductive heating and, con-
sequently, weakening of the lithosphere at decreasing
convergence rates.

5.3. Influence of metamorphic changes

The major effect of UHP metamorphic changes
(eclogitisation) appeared to be a steeper subduction

Fig. 5. Experiments on continental convergence assuming “jelly-sandwich” rheology with weak (quartz-rich) lower crust (experiments “C”), as well
as the experiments based on the “crème brulee” rheology with strong lower crust but weak lower mantle (“D” and “B”). Snapshots at 5.5 m.y.,
convergence rate 2×3 cm/yr, different rheology profiles. Moho temperatures are, respectively, 450 °C, 600 °C, 650 °C (profiles C1, C, C−1), and
600 °C (profiles D and B). Profiles C correspond to dry olivine mantle, wet quartz-rich upper crust and wet diabase lower crust. Profile D corresponds
to the hypothesis of (Mackwell et al., 1998) that combines common wet quartz rheology for the upper crust with uncommonly strong dry diabase
rheology for the lower crust and a very weak olivine rheology for the mantle (wet olivine). The profile C1 was used in Toussaint et al. (2004a) to
model the initial stages of India–Asia collision. Profile B is similar to the profile D, but the lower crust is composed of wet diabase. The length of
arrows is proportional to material velocity. The insert shows the effective shear stress and strain rate distribution for the central part of the “Indian”
experiment C1. These experiments resemble those from (Toussaint et al., 2004a) with a difference that this time we did not pre-define initial
continental subduction and have updated the rheological profiles.
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angle of the continental slab. The experiments suggest
that phase changes do not significantly improve chances
for “normal” subduction: when the Moho temperature
exceeds 550–600 °C (temperature of onset of UHP
metamorphism), subduction is not a dominant mecha-
nism, whatever the degree of metamorphism is. Yet this
is valid for the assumption of weak eclogite rheology
(same as quartz rheology) used in the experiments. Any
assumptions on eclogite rheology may be questioned
because it is not well constrained. Additional experi-
ments hint that the assumption that eclogite has a strong
rheology (that of diabase) would be equivalent, in terms
of mechanical behavior, to a shift of TMoho by about
−200 °C, which improves chances for continental
subduction.

6. Continental collision. Experiments with strong
lower crust and strong mantle

The experiments of the previous section were re-
peated assuming strong diabase rheology for the lower
crust (Fig. 8). The resulting end-member scenarios
(stable subduction vs. unstable subduction) are roughly
the same as in the previous experiments. Yet, there are
noticeable differences in the intermediate cases.

6.1. Cold lithosphere

For experiments with very cold lithospheres
(Tmb450 °C), the convergence yields stable subduction
(Fig. 8). However, the results of this experiment differ in
many ways from homologue experiments with weak
lower crust. In this case, subduction involves the entire
continental crust, including the upper crust and its sedi-
mentary rocks. The lithosphere also has a much higher
tendency for folding.

6.2. Intermediate-temperature lithospheres

For higher Moho temperatures (Tm=450–750 °C),
stable subduction is progressively replaced by pure-
shear thickening and by large-scale lithospheric folding
(Fig. 8). Folding is favored by the stronger rheology of
the lower crust, which ensures its mechanical coupling
with the lithospheric mantle. Note that for the same
temperature range, but for a weak lower crust, sub-
duction was a dominant mechanism of deformation.

6.3. Very hot lithosphere

The results of very “warm” experiments (TmN750 °C)
are similar to those with the weak lower crust (Fig. 5,

profile B): unstable continental subduction and pure-
shear thickening.

7. Discussion and conclusions

We considered here only simple collision scenarios.
Account for pre-existing structures such as young

Fig. 6. a. Deformation of the marker grid highlighting multiple thrust-
and-fold structures forming at different stages of continental
subduction, for the experiment corresponding to the rheology profile
“C1” from Fig. 5. Formation of such structures requires a relatively low
strength of the near-Moho zone in the lower crust (possibility of crust–
mantle decoupling) and a strong mantle as sliding surface. This process
explains eventual complexity of some of the resulting P–T–t paths.
For the sake of space, the image is cut horizontally at 650 km depth
(the bottom is not shown). Purple color corresponds to sedimentary
depots. b. Zoom to the central part of (a). Green color corresponds to
the created sedimentary matter, orange color marks the upper crustal
material, red color marks the lower crustal material. The gradation of
the scale bar is 50 km.
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oceanic plates or ridges would require case-by-case
justification of selected model geometries.

The collision mode is conditioned by the initial con-
vergence rate and the thermo-rheological state of the
lithosphere. The results (summarized in Figs. 5 and 9)
suggest a wide variety of scenarios for development of
young collision zones and their poly-phase character. The
continental subduction (1) and thusHP–UHP exhumation
is possible only in case of strong mantle lithospheres
characterized by Moho temperatures below Tmb550 °C
and relatively fast initial convergence rates (N5 cm/yrb
15 cm/y). Since the critical values of the convergence
rates are close to normal oceanic subduction rates, it is
reasonable to assume thatmost continental collision zones
might have went through a continental subduction phase
at the initial stages (5–10 Myr) of their evolution. In the

case of weaker mantle lithospheres (or slower conver-
gence rates), alternative deformationmechanisms prevail:
(2) lithospheric folding (500 °CbTmb650 °C); (3) pure-
shear thickening (550 °CbTmb650 °C), and (4) RT
instabilities (TmN650 °C). In some cases, folding may
also develop in case of overall strong rheology and fast
convergence rate.

Strong diabase lower crust may allow for entrainment
of light upper crust and sediments to a great depth
(200 km),which is the domain ofHP–HT (high pressure–
high temperature) and UHP–UHT (ultrahigh pressure–
ultrahigh temperature) metamorphism. The metamor-
phism influences deep slab geometry, but does not
promote stable subduction in the case of weak eclogite
rheologies. Yet, it probably does so in the case of strong
eclogite rheologies.

Fig. 8. Experiments with strong dry diabase lower crust (quartz-diabase-dry olivine rheology) at 5.5 m.y. Moho temperatures are respectively 400 °C,
500 °C and 550 °C. All other parameters and details are as in the experiments from the Fig. 5. Note important buckling of the plates imposed by the
presence of strong diabase crust that results in mechanical coupling between the plates. Purple color corresponds to the sedimentary matter or to the
oceanic slab, orange color marks the upper crustal material, red color marks lower crustal material. Blue (dark or light) color marks mantle
lithosphere; grey color marks asthenosphere.

Fig. 7. Non-lithostatic pressure distribution within and around the subduction channel, for the experiment on “Indian-type” continental convergence
(Fig. 5, profile C1 or Toussaint et al., 2004a).
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The experiments show that the assumption of a weak
mantle rheology is incompatible with formation and
exhumation of HP and UHP material, because a strong
mantle is minimum needed to force the positively
buoyant crust to depth. For the alternative rheology
profiles comprising, for example, a strong crust but a
weakmantle (”crème brûlée”), the compression results in
large-scale crustal folding, not in subduction or collision.
Such system becomes rapidly destabilized due to
advection of hot asthenospheric material directly to the
base of the crust. It thus appears that in most cases of
continental convergence, both the upper and the lower
plates should have a variant of the “jelly sandwich”
rheology characterized by a strong mantle that serves as
(1) a guide for tectonic stress, (2) a strong base needed to
drive the crustal material down and up, and (3) a shield
protecting the base of the crust from direct contact with
the hot asthenosphere.

The exhumation of UHP rocks thus may be produced
by different mechanisms: (1) the LP andMP rocks can be
exhumed via the “normal” accretion prism mechanism.
(2) the HP and UHP rocks can be exhumed, as suggested
in Burov et al., 2001, as a result of small scale convection
in the deep crustal “pocket” created by separation of the
subducting crust from the mantle below 80–120 km
depth. The metamorphic rocks are brought up by this
mechanism to 40–50 km depth, to the base of the deep
accretion prism. From there they may be further ascent
by the accretion prism mechanism. Small scale convec-
tion in the deep crustal pocket and subduction channel is
conditioned by viscosity drop and floatability rise due to
(1) heat transfer from the asthenosphere below the upper
plate; (2) shear heating; (3) viscosity drop due to meta-
morphic reactions; (4) additional heating due to radio-
active heat sources carried down with the sediments and

the upper crustal material, (5) dehydration and other
case-specific mechanisms (Gerya et al., 2008). The
efficiency of the proposed mechanism depends on the
degree of metamorphism, i.e. on the mean density of the
metamorphic rocks.

As suggested by Stöckhert and Gerya (2005), it is
also not excluded that convective crustal instability is
complemented by diapiric (RT) instability that can
brought a part of the material vertically, avoiding the
subduction channel, which may result in exhumation in
the backstop area (for low–middle pressure facies back-
stop exhumation may be purely kinematic).

In specific cases (small volumes of undeformed UHP
rock), the rigid crustal block exhumation model (Che-
menda et al., 1995) may be also applicable. However, this
model needs a thermo-mechanical validation.

Subduction channel is devoid of significant devia-
tions from lithostatic pressure gradient. Small under-
pressures may be produced at depths below 40–50 km.
The surrounding lithosphere may be both under- and
over-pressured with pressures reaching up 1.6–2 times
lithostatic. Nevertheless, the zones of anomalous
pressure do not participate in the exhumation turn-
over. Consequently, in most cases, UHP P–T–t data can
be decoded in terms of the exhumation depth using
lithostatic pressure assumptions.
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Fig. 9. Summary of observed continental convergence scenarios. Diagrams show contribution of each particular deformation mechanism. Lithostatic
UHP exhumation is mainly associated with subduction whereas possible overpressure is associated with folding mode.
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Appendix A. Numerical algorithm

Thermo-mechanical-module
This mixed finite-element volume/finite difference

code Parovoz is based on the FLAC technique (Cundall,
1989). It solves simultaneously Newtonian dynamic
equations of motion (A1), in a Lagrangian formulation,
coupled with visco-elasto-plastic constitutive Eq. (A2),
heat transport Eq. (A3) and state Eq. (A4) (see Appendix
A, (e.g., Burov and Guillou-Frottier, 1999; Burov et al.,
2001; Le Pourhiet et al., 2004) for details concerning
numerical implementation).

hqA&d
At&

i � divr� qg ¼ 0 ðA1Þ

Dr
Dt

¼ F r; u;V ;jV ; :::T :::ð Þ ðA2Þ

qCpAT=At þ ujT � kdiv jTð Þ � Hr

� frac�rIIAeII=At ¼ 0 ðA3Þ
assuming adiabatic temperature dependency for density
and Boussinesq approximation for thermal body forces:

q ¼ q0 1−aDTð Þ ðA4Þ
Here d, u, σ, g, k are the respective terms for

displacement, velocity, stress, acceleration due to body
forces and thermal conductivity. The brackets in Eq. (A1)
specify conditional use of the related term: in quasi-static
mode, the inertia is dumped using inertial mass scaling
(Cundall, 1989). The terms t, ρ, Cp, T, Hr, α, frac×σII∂ɛ-
II /∂t designate respectively time, density, specific heat,
temperature, internal heat production, thermal expansion
coefficient and shear heating term moderated by exper-
imentally defined frac multiplier (frac was set to 0 in our
experiments). The terms ∂ /∂t, Dσ /Dt, F are a time de-
rivative, an objective (Jaumann) stress time derivative and
a functional, respectively. In the Lagrangian framework,
the incremental displacements are added to the grid
coordinates allowing the mesh to move and deform with

the material. This enables solution of large-strain pro-
blems locally using small-strain formulation: on each time
step the solution is obtained in local coordinates, which
are then updated in the large strain mode. Volume/density
changes due to phase transitions are accounted via appli-
cation of equivalent stresses to affectedmaterial elements.

Solution of Eq. (A1) provides velocities at mesh
points used for computation of element strains and of
heat advection u▿T. These strains are used in Eq. (A2)
to calculate element stresses, and the equivalent forces
are used to compute velocities for the next time step.

All rheological terms are implemented explicitly. The
rheology model is serial viscous–elastic-plastic (Table 1).
The plastic term is given by explicit Mohr–Coulomb
plasticity (non-associative with zero dilatency) assuming
linear Navier–Coulomb criterion. We imply internal
friction angle ϕ of 30° and maximal cohesion S of
20 Mpa, which fit best the experimental Byerlee's law of
rock failure (Byerlee, 1978):

s ¼ S þ rntg/ ðA5Þ
where τ is the shear stress and σn is the normal stress.
Linear cohesion softening is used for better localization of
plastic deformation ɛp (S(ɛp)=S0 min (0, 1−ɛp /ɛp0)
where ɛp0 is 0.01). Specific properties are applied to soft
serpentinised rock (Hassani et al., 1997).

The ductile–viscous term is represented by non-linear
power law with three sets of material parameters (Table 1)
that correspond to the properties of four lithological
layers: upper crust (quartz), middle–lower crust (quartz–
diorite), mantle and asthenosphere (olivine):

geff ¼
Ae
At

� �d 1�nð Þ=n

II

A⁎ð Þ−1=nexp H=nRTð Þ ðA6Þ

where Ae
At

� �d
II = InvII Ae

At

� �d
II

� �� �1=2
is the effective strain rate

and A⁎=1/2A·3(n+1) / 2 is the material constant, H is the
activation enthalpy, H=Q+PV where Q is activation
energy and V is molar volume, R is the gas constant, n is
the power law exponent (Table 2). The elastic parameters

Table 2
Summary of ductile flow parameters assumed in model calculations a

Composition Pre-exponential stress
constant A MPa−n s−1

Power law exponent n Activation energy,
Q KJ mol−1

Upper Crust Wet Quartzite 1.1×10−4 4 223
Lower Crust Dry Maryland Diabase 8±4 4.7±0.6 485±30

Undried Pikwitonei granulite 1.4×104 4.2 445
Mantle or Oceanic lithosphere Dry Olivine 4.85×104 3.5 535

Wet Olivine 417 4.48 498
a The failure envelopes in this paper match those in Mackwell et al. (1998) derived from Gleason and Tullis (1995), Wilks and Carter(1990), Hirth

and Kohlstedt (1996), Chopra and Paterson (1981).
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(Table 1) correspond to commonly inferred values from
Turcotte and Schubert (2002).

In addition, surface processes are taken into account
by diffusing Eq. (A7) the topographic elevation h of the
free surface along x using conventional Culling erosion
model (Culling, 1960) with a diffusion coefficient kero.

A
2h
At2

¼ kero
A
2h

Ax2
ðA7Þ

This simple model is well suited to simulate fan
deltas, which can be taken as a reasonably good ana-
logue of typical foreland basin deposits. This model is
not well adapted to model slope dependent long-range
sedimentation, yet, it accounts for some most important
properties of surface processes such as dependency of
the erosion/sedimentation rate on the roughness of the
relief (surface curvature).

PARA(O)VOZ allows for large displacements and
strains in particular owing to an automatic remeshing pro-
cedure, which is implemented each time themesh becomes
too distorted to produce accurate results. The remeshing
criterion is imposed by a critical angle of grid elements.
This angle is set to 10° to reduce frequency of remeshing
and thus limit the associated numerical diffusion. The
numerical diffusion was effectively constrained by im-
plementation of the passive marker algorithm. This algo-
rithm traces passively moving particles that are evenly
distributed in the initial grid. This allows for accurate
recovering of stress, phase and other parameter fields after
each remeshing. PARA(O)VOZ has been already tested on
a number of geodynamical problems for subduction/col-
lision context (Burov et al., 2001; Toussaint et al., 2004a,b).

Thermodynamic module
Buoyancy (and, eventually, rheology changes) is an

important component of the force balance at subduction
zone (Bousquet et al., 1997; Burov et al., 2001; Doin and
Henry, 2001). For this reason, the thermodynamic
THERIAK algorithm (De Capitani, 1994) has been in-
corporated to introduce progressive density changes
during evolution. THERIAKminimizes free Gibbs energy
for a given chemical composition to calculate an equi-
librium mineralogical assemblage for given P–T condi-
tions (De Capitani and Brown, 1987).

G ¼
Xn
i¼1

liNi ðA8Þ

where μi is the chemical potential and Ni the moles
number for each component i constitutive of the as-
semblage. Given the mineralogical composition, the
computation of the density is then straightforward.

Mineralogical composition and hence density, is re-
evaluated every 104 time steps (∼200 kyr) according to
the current P–T conditions. Equivalent stresses are
applied to the elements to account for volume–density
changes associated with the metamorphic transitions.

Unfortunately, changes in rheological properties of
the metamorphic facies cannot be implemented in the
same way as the density changes, due to the lack of the
appropriate experimental data. We took into account
rheology changes only for key facies such as serpenti-
nite and eclogite.
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