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Abstract: We revisit a number of important topics associated with the problem of interactions
between surface and subsurface processes during syn- and post-rift evolution. To demonstrate
the importance of these interactions and to verify a number of earlier ideas on rift evolution,
we use a fully coupled three-fold mechanical behaviour, surface processes, heat transport numeri-
cal model, which combines brittle-elastic-ductile rheology, fault localization, erosion and sedi-
mentation mechanisms. The model simulates fault formation causing brittle strain localization.
Fault distribution and evolution are thus outputs of the model, allowing for new, geologically
sensible constraints on the results. The numerical algorithm accounts for ‘true’ surface
erosion/sedimentation, that is, the numerical elements are eliminated (eroded) and created
(sedimented) with respective changes in properties. The results show that sedimentation in the
basin and erosion on the rift flanks strongly control the mode of extension. In particular, active
erosion/sedimentation on the synrift phase results in more pronounced thinning and widening
of the basin, so that the apparent coefficients of extension increase by a factor of 1.5-2. Surface
loading/unloading results in lithospheric flexure. Flexural stresses in places of maximum bending
exceed lithospheric strength and create zones of localized weakening that partly or completely
compensate strengthening due to cooling in the post-rift phase, when the subsidence rates also
accelerate. Erosional unloading on the rift shoulders has the opposite effect, producing local
strengthening and flexural rebound. Pressure gradients induced by subsidence/rebound result in
lower crustal flow that controls 20-30% of subsidence rates, stability of the rift shoulders and
drives some post-rift extension or compression. By taking account for the intermediate and lower
crustal rheology, new explanations for some synrift phase effects such as polyphase subsidence
of the basement provoked by crustal flow and ‘switching’ of the level of necking from one
competent lithospheric level to another are suggested. Syn- and post-rift stagnation, upward and
downward accelerations find a natural explanation within our model without the necessity to
invoke external mechanisms.

The majority of present-day models of continental
rifting do not associate mechanisms of rift necking
and subsidence with syn- and post-rift surface pro-
cesses (sedimentation, surface transport and
erosion). Some workers demonstrate the impor-
tance of a number of secondary effects of sedimen-
tation such as retarded cooling due to heat screen-
ing by sediments with low thermal conductivity
(Stephenson er al. 1989; England & Richardson
1980). Others account for simplified elastic flexural
response to surface loading/unloading by erosion
and sedimentation (Kooi & Beaumont 1994; Balen
et al. 1995). Finally, Burov & Cloetingh (1997)
considered the influence of surface processes on
basin evolution using a rheologically realistic semi-
analytical model, yet limited to consideration of the
post-rifting phase and neglecting faulting. Poliakov
et al. (in press) conducted a complementary study
accounting for synrift erosion, but also using a con-

tinuous (no faulting) analytical model with highly
simplified rheology and erosion laws.

Formation and maintenance of rift flank escarp-
ments was explained by different mechanisms:
lateral heat transport and associated thermoelastic
effects, variation in horizontal and vertical forces
associated with the far-field regime and
lithosphere-asthenosphere  interactions,  phase
changes, flexural forces, small-scale convection,
underplating (e.g. Cloetingh ef al. 1982; Braun &
Beaumont 1989; Beaumont er al. 1992; Chéry et
al. 1992; Kusznir & Karner 1985; White &
McKenzie 1988; Kusznir 1991; Watts & Torne
1992; Bassi 1995; Cloetingh & Burov 1996). How-
ever, previous studies do not account for the fact
that for sufficiently deep basins, evolution of the
rift must be influenced by production and lateral
redistribution of important amounts of normal sur-
face load (Burov & Cloetingh 1997). The sedimen-
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tation and surface denudation result in hundreds of
megapascals of temporal and lateral variations of
over burden stress and thus are as important as any
other tectonic forces acting on the rift system. Ero-
sion is faster on elevated topography and steep
slopes (gravity-driven surface processes, wind and
physical weathering) and on newly created top-
ography (chemical and all types of climate weath-
ering: van der Beek et al. 1995; van Balen et al.
1995; Burov & Cloetingh 1997). Gravity drives
short-range land-sliding and long-range fluvial
transport that carry eroded material from high relief
to low relief areas. Consequently, the uplift on the
flanks and subsidence in the basin are interlinked
not only via tectonic mechanisms but also via sur-
face processes. Erosion on the rift flanks controls
sedimentary load accumulated in the basin. In most
continental rift zones, loading and unloading of the
crust by erosion is equivalent to the surface load
created by mountain ranges (5-10 km of sediments,
e.g. Pannonian basin, Albert rift, Baikal rift). This
allows us to suggest that erosional unloading and
sedimentary loading are as important as the other
mechanisms controlling basin dynamics. Surface
process-related loads may weaken the lithosphere
via: (1) faulting in the brittle part; (2) flow in the
ductile parts (Fig. 1b; see also Lobkovsky &
Kerchman 1992; Hopper & Buck 1996); (3) ero-
sional thinning of the uppermost strong brittle crus-
tal layers followed by their isostatic replacement
by weak ductile material coming from beneath
(Fig. 1a). Burov & Cloetingh (1997) already sug-
gested that this should result in more localized
loading in the central parts of the basin, enhanced
extension and maintenance of high strength closer
to the flanks. This idea is supported by a number
of recent field studies (e.g. Ebinger et al. 1989,
1999). As known from rock mechanics studies, the
lithosphere behaves as a de facto elastic-plastic-
ductile medium (e.g. Ranalli 1995). Its rheology is
far more complex than the linear elastic or viscous
rheology assumed in most previous basin models.
One of the main properties of the lithospheric rhe-
ology, which differs from commonly inferred lin-
ear models, is a possibility to change the mechan-
ical behaviour from elastic to brittle or ductile
when the deformational stress exceeds depth-spe-
cific pressure- and temperature-controlled yield
stress limits. This results in strong mechanical
weakening of the material in zones affected by
changes in the mechanical behaviour. The strongly
non-linear properties of the stress-strain relation-
ships characterizing the lithospheric rheology
should influence the subsidence rates and subsid-
ence phases known from tectonic geomorphology
and fission-track age/length patterns (Rohrman et
al. 1995).

Previous studies of interactions between surface
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and subsurface processes (Burov & Cloetingh
1997; Poliakov et al. in press) were focused on
basin evolution-erosion interactions using continu-
ous semi-analytic lithospheric models. In the
present study, we numerically investigate the
influence of surface processes on both syn- and
post-rift evolution with primary emphasis on the
interplay with faulting and ductile flow during the
synrift phase. For this purpose we use a specially
modified numerical code, Paravoz, originating
from the algorithm used in the FLAC method
(Cundall 1989), which allows for brittle and vis-
cous strain localization and accounts for ‘true’ sur-
face erosion. That is, the numerical elements are
eliminated (‘eroded’) and created (‘sedimented’)
with appropriate changes in physical properties.

Erosion and basin evolution: conceptual
background

Erosion is a highly selective process. Inside the
same system, the erosion rate may vary by several
orders of magnitude. It is lowest on flat topography
and fastest on steep, rough topography, such as for-
ming rift flanks, and on crests of tilted blocks (Fig.
1). In isostatically balanced systems, unloading
(erosion) of newly created topography results in
compensatory rock uplift. At the surface, this uplift
occurs at the expense of strong brittle upper crustal
material removed by erosion and compensated by
the ascent of the weak, ductile crustal material
from below. Consequently, the mechanically com-
petent part of the system vanishes without
additional tectonic extension (Fig. 1). Such non-
extensional thinning of the upper crust facilitates
further regional extension. In the vicinity of the rift
flanks, the crustal up-flow is predictably most
intensive, because the ductile crust is squeezed
from the centre to the flanks of the rift due to the
increasing normal load (sediments) in the centre.
This increase results from two mechanisms: (1)
lithospheric necking, due to which the ductile crus-
tal channel thins much faster in the centre than at
the sides; (2) preferential growth of the surface
load in the rift centre due to accumulation of sedi-
mentary material. Consequently both tectonic and
surface processes are linked by the isostatic
response and lower crustal flow.

Basin subsidence is caused by three major fac-
tors: (1) crustal thinning on the synrift phase; (2)
thermal cooling; and (3) sediment loading. Rifting
results in thinning of the low viscosity lower crust,
which may gradually restore its initial thickness in
the post-rift phase. As expected, dynamic pressure
differences created by erosion/sediment loading in
the lower crust (10-50 MPa; Burov & Cloetingh
1997) can compensate other contributions to the
non-hydrostatic pressure (Fig. 1). The pressure dif-
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Fig. 1. (a) Simplified cartoon explaining weakening of the extended crust due to erosional removal and reworking of
strong brittle parts with isostatic replacement by weaker ductile parts in the ideal case of local isostasy. L is the initial
reference length, 7, is the normal crustal thickness, d is the thickness of the thinned crustal layer before erosion, d’
is the thickness of this layer after erosion, B is the stretching factor before erosion, 8’ is the stretching factor after
erosion. Note reduction of the thickness of the strong brittle portion of the upper crustal layer. (b) Set-up of the
numerical problem. Sediments derived from erosion on slopes of rift shoulders result in increase of load in the basin.
Strong parts of the crust and of the mantle lithosphere bend and weaken by flexural yielding (local reduction of the
thickness of the competent cores). As a result, the integrated strength drops beneath the basin and shoulders (bottom)
and becomes even lower than that immediately after extension. The lower crustal material flows from the centre of
the basin towards the shoulders facilitating their uplift. The basic lithological structures are shown, one (left) with
ductile intermediate and lower crust and another (right) with competent intermediate or lower crust resulting in appear-
ance of a second competent and ductile crustal layer. The corresponding rheological yield-stress envelopes (yield
stress as a function of the depth and thermotectonic age) are shown in the bottom of the figure. u is horizontal
extension rate.

ference resulting from crustal flow is equal to 2u *
& where u is the effective viscosity and € the strain
rate. The flow stress must be equal to the ductile
yield strength, which is 10 to 50 MPa in the lower
crust (Burov & Cloetingh 1997). Let us assume a

simple case of local isostasy considered in McKen-
zie (1978). Let us also assume some commonly
inferred parameters: the initial total crustal thick-
ness h, = 3040 km, subsidence rate Av = 1 mm
a~! (~3 X 107 m s71), and coefficient of exten-
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sion B = hJ/(h, — Aw) = 2. Here Aw is the value
of crustal thinning. Based on these parameters, the
depth-averaged vertical strain rate &€ , = dv/dy will
be on the order of 107> s~! (dv/dy ranges from
(Av + Avp, /Ap)/h, to (Av + Avp, /Ap)/(h, — Aw),
where p,, is the density of the mantle and Ap is the
difference between the overlying material and that
of the mantle; p,/Ap ranges from 3 to 5). Conti-
nuity and mass conservation require equivalent
horizontal and vertical strain rates. Thus the asso-
ciated horizontal strain rate in the ductile crust
should be on the same order as the vertical strain
rate. This conclusion could be a trivial matter if the
subsidence was entirely caused by extension and
thermal cooling of the whole lithosphere. Yet the
presence of a weak ductile crust, which cannot
always support extra sedimentary loading, may
result in downward deflection of the crustal brittle-
ductile boundary. This boundary will subside into
the ductile crustal channel, which will force hori-
zontal crustal outflow and thinning of the channel
(Fig. 1b). The horizontal strain rate in the ductile
crust must be the same as the vertical strain rate,
with both rates depending on the viscosity of the
lower crust. For example, strong lower crust means
zero differential subsidence, whereas weak lower
crust (i.e. viscosity of 10'° Pa s) means initiation
of crustal flow already after deposition of several
hundred metres of sediments.

In rheologically stratified lithosphere consisting
of alternating weak and strong layers, the latter
may be allowed to slip with respect to one another.
The strain rates thus can vary with depth. The
lower or intermediate crust is remarkably weaker
than the upper crust and mantle, and the ductile
crust thus can be thinned faster than the other lay-
ers (e.g. Royden & Keen 1980). For this reason,
during the synrift phase basin subsidence can be
primarily accommodated in the lower or intermedi-
ate crust (shallow level of necking), whereas the
other lithospheric layers just bend down or upward
preserving their initial thickness. Assuming that,
we can conclude that the mean crustal 3 factor of
2 may associated with much higher lower crustal
B factor (from 10 to 1000) and, consequently, with
strain rates 5-500 times higher (1074 to 107" s71)
than the depth-averaged value for the whole crust.
The associated flow stresses may exceed 50-100
MPa. The contribution of the ductile crustal flow
in the observed subsidence rates thus should be as
important as that of the ‘global’ forces associated
with rifting and thermal subsidence.

Numerical model: fully coupled approach
Loads acting on the lithosphere can be subdivided
into (Fig. 1): (1) positive loads (topography and
deposited eroded material); (2) ‘negative’ loads
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due to erosion in the uplifted areas; (3) various sub-
surface loads including asthenospheric instability,
thermal forces, crustal flow, regional forces; (4)
restoring isostatic loads tending to compensate the
loads 1-3. The lithospheric response depends on
the mechanical properties of the lithosphere, which
are partly controlled by its transient thermal state.
Consequently, modelling of basin evolution
requires a fully coupled approach accounting for
surface processes, mechanical and thermal evol-
ution of the system. All these factors are accounted
for in the three-fold (surface processes, mechanical
behaviour, heat transfer) numerical code Paravoz
(Poliakov et al. 1993) based on the FLAC algor-
ithm (Cundall 1989). Paravoz is a mixed finite-
element/differences fully explicit time-marching
Lagrangian scheme, a detailed explanation of
which can be found in Cundall (1989). The Para-
voz code can handle rheologically complex behav-
iours with large strains, including localization and
propagation of non-predefined brittle shear bands,
which simulate faults, power law creep and various
kinds of strain softening and work hardening
materials (examples of large-scale geodynamic
applications can be found in: Burov & Molnar
1998; Gerbault er al. 1999; Burov & Guillou-
Frottier 1999). For the purposes of the given study,
we additionally modified the basic version of the
code (Poliakov et al. 1993) to include: (a) the
erosion/sedimentation model from (Burov & Cloet-
ingh 1997); (b) the rheological and lithological
model from Burov & Cloetingh (1997); (c) the heat
advection and diffusion processes and initial tem-
perature distribution model from Burov & Dia-
ment (1995).

Surface processes

The evolution of surface loads is described by
transport and erosion laws derived from geomor-
phologic, stratigraphic and hydrologic observations
(e.g. Carson & Kirkby 1972). The most commonly
inferred models of surface processes include short-
range erosion laws (parabolic diffusion equation)
and fluvial transport laws (channel flow model)
(Carson & Kirkby 1972; Gossman 1976; Kirkby
1986; Leeder 1991; Willgoose et al. 1991; Beau-
mont et al. 1992):

dhidt = V({&*(x,y,h, Vh) Vh) (1)
(slope erosion by diffusion)
95 = —K,q,dh/dl (fluvial transport) (2)

where 4 is topography, t is time, x is horizontal
coordinate, k* is an experimentally adopted scale-
dependent coefficient of erosion, which can be a
function of coordinates x,y and of the local slope
VA, g, is river discharge, dh/dl is the slope in the
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direction of the river drainage, K, is a non-
dimensional transport coefficient and [ is the dis-
tance along the transporting channel. The use of
the diffusion law for slope erosion is based on the
observation that the erosion rates are not spatially
constant but are strongly dependent on the local
topography slopes because steeper slopes are more
affected by gravity sliding, mechanical and cli-
matic (e.g. wind) weathering. For 2D mechanical
models described below, a 1D diffusion law is
used:

dhidt = k(x) (0h/3x)" *h/ox? = k*5%h/ox> 3)

where k(x) is a scale-dependent linear coefficient
of erosion related to a generalized coefficient of
erosion k* as k* = k(x)(0h/dx)". The parameter n
can be equal to 0, 1, 2, 3. The case n = 0 is referred
to as simple, linear, or zero-order erosion. The
other cases are referred to as non-linear n-order
erosion. The use of non-linear erosion laws is justi-
fied by the fact that not only the local erosion rates
but also surface erodibility may be strongly slope
dependent (e.g. steep slopes are more influenced by
chemical alteration). Consequently, simple linear
dependence of the erosion rate on the local slope
assumed in linear diffusion equation may be not
sufficient in the case of, for example, arid climatic
environments, and stronger non-linear relations are
needed. In particular, first-order non-linear erosion
tends to form much less smoothed, sharpened top-
ography features.

Rheology

Rheology and lithological structure are defined
through yield-stress envelopes derived from rock
mechanics data (e.g. Kirby & Kronenberg 1987,
Kohlstedt ef al. 1995). We use a non-linear brittle-
elastic-ductile rheology for a granite-dominated
upper crust, quartz-diorite or quartz-controlled
lower crust, and olivine-dominated mantle. The
ductile part obeys power law stress (o) and
exponential temperature (7) — stress/strain rate
(€) dependence:

é=A* exp (— H*RT) (o, — 03", 4)

where o, and o, are the principal stresses, A*, H*,
R, and n are the material constants explained in
Table 1.

The brittle part follows Byerlee’s law (Ranalli
1995), which is approximated by Mohr-Coulomb
plasticity with friction angle 30° and cohesion of
20 MPa.

The elastic part is defined for commonly inferred
values of Young’s modulus and Poisson’s ratio
(Table 1; Turcotte & Schubert 1982).
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Boundary and initial conditions

We used a constant extensional velocity as lateral
boundary conditions at the both sides of the model,
free surface as the upper boundary condition, and
pliable Winkler (i.e. isostatic) basement as the bot-
tom boundary condition. The rectangular numerical
mesh is composed of quadruple elements (40000-
125000), each constructed of two couples of over-
lapped triangular elements (Cundall 1989). The
initial thermal structure is defined from the thermal
age of the lithosphere at the time of rifting, calcu-
lated from the half-space cooling model (Burov &
Diament 1995). A very small (100°C) Gaussian
shape temperature anomaly at the base of the
model is used for the initial perturbation needed to
initiate rifting in the passive mode (e.g. Chery et
al. 1992). The initial thickness of the upper and
lower crustal layer is 20 km and 20 km, respect-
ively (see Table 1). The total vertical and horizon-
tal dimensions of the model vary, depending on the
initial thermal structure, from 80 km X 20 km to
200 km X 150 km.

Experiments and results

We have conducted three sets of experiments
employing major initial lithospheric structures con-
ditioned by possible combinations of weak and
strong rtheological layers: the mechanical mantle
layer can be (1) weaker than its crustal counterpart,
or (2) stronger than it, or (3) equally competent.
The ratio of the competence of the thickness of the
mechanical mantle layer to that of the competent
crustal layers is largely controlled by the geotherm
(thermotectonic age, ta). Thus it is convenient to
consider various lithospheric structures as a func-
tion of the lithospheric age. Three most representa-
tive cases may be envisaged: (1) a very young hot
lithosphere with mechanically weak mantle part
(thermotectonic age 50 Ma) - in this situation the
thickness of the mechanical mantle does not exceed
10 km and crust plays a major role in the overall
mechanical response of the lithosphere; (2) inter-
mediate ‘Jurassic’ lithosphere (thermotectonic age
175 Ma) where the crust and mantle have approxi-
mately equal integrated rigidities; (3) cold litho-
sphere (thermotectonic age of 400 Ma) with thick
mechanical mantle, which dominates the mechan-
ical response.

The second scenario is of special interest for our
study, since in this case weak ductile portions of
the lower and intermediate crust can form flow
channels delimited by rigid but highly flexible cru-
stal and mantle layers.

For each set of experiments, we studied four
basic situations: (1) slow extension (5 mm a~!), no
erosion; (2) slow extension, rapid erosion compara-
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Table 1. Values of parameters used
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Comments

Variable/parameter Values and units
crustal thickness 40 km
upper crustal thickness 20 km
lower crustal thickness 20 km

extension velocity
thermotectonic age, £,
coefficient of erosion k
background strain rate &
Young’s modulus E
Poisson’s ratio »
universal gas constant R
power law constant A_;*
power law constant n, 3

creep activation energy H*,; 190 kJ mol ™!
power law constant A_,*
power law constant 7, 24

creep activation energy H* , 212 kJ mol™?
power law constant A,, *

80 GPa
0.25

power law constant #,, 3

creep activation energy H*,, 520 kJ mol™!
density p, 2300 kg m~3
density p,; 2650 kg m~3
density p,, 2900 kg m—3
density p,, 3330 kg m™3
density p, 3250 kg m™3
gravity constant g 9.8 ms™!
initial lithospheric thickness a, 250 km
temperature at the base of the litho-  1330°C

sphere 7,

thermal diffusivity x.;
thermal diffusivity x.,
thermal diffusivity x,,

thermal conductivity k, 1.6 Wm™' K!
thermal conductivity k1 25Wm K
thermal conductivity &, 2Wm!'K!
thermal conductivity £, 35Wm ' K!
radiogenic decay depth A, 10 km

surface heat production H,

5,10, 25 mm a~!
50, 250, 400 Ma
0, 500, 1000 m? a~*
s, variable, 1077 to 10713 !

8.314 J mol~! K!
55X 10712 pa !

5.01 X 107 Pa—" 57!

7 X 107% Pa s

83 X 107" m?s™!
67 X 107" m?s!
875 X 107" m? s™!

9.5 X1071° W kg~

continental crust

continental crust

continental crust

background velocity on both sides
‘young’, ‘intermediate’, ‘old’ plate
zero, ‘intermediate’, ‘rapid’ erosion
obtained from calculations

all rocks

all rocks

used in power law

wet granite (upper crust)

wet granite (upper crust)

wet granite (upper crust)

dry diorite (lower crust)

dry diorite (lower crust)

dry diorite (lower crust)

olivine

olivine

olivine

uncompacted sediment

upper crust

lower crust

lithospheric mantle

asthenosphere

used to compute initial geotherms
used to compute initial geotherms

upper crust

lower crust

mantle lithosphere
uncompacted sediment
upper crust

lower crust

mantle lithosphere
upper crust

upper crust

ble with the rock uplift/subsidence rate (that is k =
200-1000 m? a~' for our experiments); (3) rapid
extension (25 mm a™!), no erosion; (4) rapid exten-
sion (25 mm a~'), rapid erosion (500 m? a™!).

The faults on the sides of the rift are not
prexdefined but are initialized by the numerical
code as a result of deformation. Hence, the fault
distribution is one of the important outputs of the
model, allowing for better constraints on the results
of the experiments than in commonly inferred
approaches. In particular, we studied the influence
of the extension scenario and surface processes on
fault localization, distribution and activity.

Case 1: young lithosphere, mantle weaker
than crust

In this scenario, corresponding to ta = 50 Ma, the
upper crustal layer is the only layer which can stay

cold enough to preserve important strength. Conse-
quently, this layer controls the strength and the
mechanical response of the lithosphere. The neck-
ing level can be only very shallow in this case. The
experiments with rapid extension (25 mm a~' on
both sides), in which the lithosphere was extended
without and with concurrent erosion, produced
quite different results (Fig. 2). In the case with no
erosion the model-generated topography and
faulted structures closely reproduce those of oce-
anic slow spreading zones (Buck & Poliakov
1998). This is expected, since there is little erosion
at the sea bottom, and thus it is natural that the
predicted structures are similar to those observed
in the oceans. In the case of fast synrift erosion,
the topography is highly different from the no-
erosion case, not because it is smoothed by surface
processes, but, importantly, the thickness and the
entire deep structure of the rift also significantly
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Fig. 2. Numerical modelling of synrift extension of a young lithosphere (age 50 Ma, upper crust dominates in the
mechanical response): computed surface topography (top); shear stress and velocity vectors (middle); accumulated
plastic strain (bottom). (a) The experiments shown in I and II are identical except that in case I there is no erosion,
whereas in case II there is rapid erosion (k = 1000 m? a™!). Also shown in (a) is surface topography for intermediate
coefficient of erosion (k = 500 m?> a!). One can see that erosion results in stronger thinning of the rift and produces
a larger basin (according to the mechanism of Fig. 1) than in the case without erosion. (b) The same experiment as
in (a) is represented, but for fast spreading lithosphere (50 mm a~! on both sides). I shows the case without erosion,

and II shows the case with rapid erosion (k = 1000 m? a™%).
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differ from the oceanic-like case: for the same
boundary conditions, the rift became almost two
times thinner at the centre and 1.5 times wider.
Consequently, the B coefficient determined from
subsidence curves using McKenzie’s approach or
from estimates of crustal thinning, will also be two
times larger than in the first case. Yet, the amount
of tectonic extension is the same in both cases. This
effect of erosion is explained in Figure la: the ero-
ston destroys the uppermost cold and strong crustal
layer, which creates space for uplift of a weak duc-
tile material and, consequently, results in faster
localized thinning in the eroded areas. This effect
would be amplified in case of the stress boundary
conditions.

To test the model (compare our case with oce-
anic fast spreading zones), we have also conducted
a fast extension experiment (50 mm a~! on both
sides), presented in Figure 2b. The structures
resulting from the experiments without erosion
strongly resemble those of oceanic zones of fast
spreading. In the case with erosion, two times
higher vertical acceleration of the crustal blocks
can be also seen (compare the maximum strain
rates in two cases).

Case 2: intermediate age lithosphere, mantle
as strong as crust

This group of experiments relates to middle-aged
lithospheric structure for which the mechanical

Initial thermotectonic age=250 Ma. No erosion

plastic strain o g upper crust
lower crust
mantle

(@)

Time = 1.5 My

shear stress (Il invariant )

Time = 0.6 My qu : N

275
shear stress (Il invariant )

550 (MPa)
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thickness of the crust and mantle are approximately
the same, and the lower crust is also strong enough
to play a significant mechanical role. The upper,
lower crust and competent mantle can be mechan-
ically decoupled from each other by low strength
ductile layers resulting from differences in creep
activation temperatures specific for different crustal
lithologies. Consequently, the mechanical behav-
iour of different layers becomes partly inde-
pendent, and the equivalent elastic thickness of the
system is much smaller than just the sum of the
elastic thickness of each layer (Burov & Diament
1995), resulting in very ‘weak’ behaviour of the
rift. This is certainly one of the most delicate cases
since rift necking may occur simultaneously on dif-
ferent levels (Fig. 3), and the location of the
maximum strain zone may switch from one depth
level to another. Depending on the role of the sur-
face processes as well as at which moment exten-
sion has ceased, the level of necking may be quite
different, from very shallow to very deep. Erosion
and sedimentation in the synrift stage may invert
the direction of vertical crustal movement. Indeed,
rapid erosional unloading, together with the lower
crustal flow which it provokes, may cause a tem-
porary uplift in the middle of the basin followed
by a slow (with respect to thermal) subsidence. In
the first case (no erosion), lower crustal flow also
allows for relative uplift and subsidence of the
upper crustal, lower crustal and mantle parts.
Consequently, in this case the surface process may

b) Initial thermotectonic age=250 Ma. Erosion

upper crust

plastic strain lower crust

mantle

Time =

1.5 My

Time = 0.6 My og—_

275 550 (MPa)
shear stress (Il invariant )

Fig. 3. Numerical model of synrift extension and erosion of a middle-aged lithosphere (250 Ma) with competent
middle crustal and mantle layers (shear stress and velocity vectors). Subsidence and uplift are caused by interplay
between sedimentary loading and mechanical response. (a) Experiments without erosion. (b) Experiments with inter-
mediate erosion (k = 500 m? a~!). For the developed stage, accumulated plastic strain (X100%) in the central part
of the rift is also shown in the top insert. The lower figure corresponds to 0.6 Ma since onset of rifting; the top figure
corresponds to a developed rifting stage (1.5 Ma since onset of rifting).
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not only accelerate or retard extension as in case
1, but also affect the level of necking resulting in
different geometries of the rift basement and sub-
sidence patterns.

During extension, some or all of the crustal and
mantle rigid cores vanish in the centre of the rift
being replaced by weak ductile or brittle zones.
The rupture of the lower (intermediate) crustal core
reduces its resistance to vertical uplift of the mantle
layer. The latter rapidly ascends resulting in slower
subsidence. In other cases, extension does not end
in rupture, but in joining of the strong cores of the
upper, lower crustal and mantle layers, resulting in
flexural strengthening and in outward lateral expul-
sion of the ductile crust. This expulsion may lead
to uplift on the rift flanks and crustal thickening
outside of the basin. When the strong layers join
each other under the basin forming a single ‘neck’,
a mechanical coupling occurs, which leads to a
step-like increase in the flexural thickness of the
system (about two times; Burov & Diament 1995).
The subsidence of the basin is thus instantly
slowed down and is possibly followed by its lat-
eral enlargement.

Mechanical coupling of competent layers below
the basin is preceded by layer ‘welding’ under the
rift flanks (Fig. 3), which locally doubles the elastic
thickness in the flank area (Burov & Cloetingh
1997). The inelastic flexural yielding is also lowest
under the flanks. This localized flexural border
strengthening results in flexural uplift of the rift
flanks and helps to maintain the flanks through the
time. Indeed, gravity and apatite fission track stud-
ies of, for example, the East African rift system,
indicate that continental lithosphere undergoing
extension maintains considerable strength during
the synrift stage, leading to long-lived rift flank
uplift (Ebinger et al. 1989, 1991; Bechtel et al.
1990; van der Beek et al. 1995).

Since the mechanical strength and extension of
the different strong layers may be quite different,
at some stages one of the layers may deflect much
more strongly than the others, creating additional
space under the basin. This space may be filled by
the ductile crust from outside of the basin, delaying
subsidence or even uplifting the centre of the basin.
As was pointed out by Kaufman & Royden (1994),
the crustal and mantle lithosphere may have highly
different 3 coefficients. Here we show that necking
may occur on different levels in the crust and in
the mantle, so that the internal crustal levels may
also exhibit quite different coefficients of extension
and even deflect in opposite directions. For
example, the upper crust may subside while the
lower or intermediate crust moves upward. Since
the competent core of the upper crustal layer may
be quite thin (a few kilometres), it follows that
upper crustal subsidence or uplift may be signifi-

cantly affected by normal loads generated by sur-
face processes.

Finally, in the post-rift stages, our experiments
confirm the semi-analytical model of Burov & Clo-
etingh (1997) who have shown that the surface pro-
cesses and induced crustal flow may enhance basin
subsidence. In addition to their model, another
effect is revealed by the numerical experiments: the
presence of a low viscosity lower or intermediate
crustal layer may result in detachment from the
mantle lithosphere, and also lead to slowed subsid-
ence at the surface, since subsidence (due to
cooling) of the deep mantle layers may have no
immediate effect at the surface. Thus the mantle
may subside separately, with the mantle-crust ‘gap’
being filled by rapid lower crustal flow.

Case 3: old lithosphere, mantle stronger
than crust

In this part of the experiments the strong mantle
layer was considerably thicker than the strong crus-
tal layers, conditioned by a cold (400 Ma) geo-
therm. In this case (Fig. 4), there is no significant
crust-mantle decoupling and flow, and crustal
deformation is controlled by the mantle litho-
sphere. Yet, even in the case of very strong litho-
sphere, the surface processes remain important.
Erosion and sedimentation can provoke quiescence
and even uplift periods during the synrift phase,
and favour development of asymmetric extension
patterns by amplifying local anomalies in surface
uplift rate.

Discussion: coupling between surface and
subsurface processes

Evolution of topography and crust

The topography produced by our coupled model is
geologically realistic compared to common geo-
logical and gydynamic hypotheses, e.g. rift struc-
tures and fault distributions (Salvenson 1978).
Major stages of rift development and fault evol-
ution were reproduced (Fig. 5), such as half-
graben, graben, continental extensional basins, and
oceanic basins.

Influence of the erosion law

The isostatic uplift of the rift shoulders in response
to erosion is an important mechanism for main-
taining a relatively high rate of material flux from
hillslopes. However, erosion of the drainage div-
ides on the top of the rift shoulders results in their
retreat from the centre of the basin. At the same
time the sedimentary wedge migrates towards the


http://sp.lyellcollection.org/
http://sp.lyellcollection.org/

(a) Initial thermotectonic age=400 Ma. No erosion (b) Initial thermotectonic age=400 Ma. Erosion

O e —————

-20 -20
-40 -40
-60 A 60 A
2.5
0.0 7.0e+02 1.3e+03 0.0 3.0 5.9 0.0 7.0e+02 1.3e+03
ra plastic strain temperature Pplastic strain

250 500 (MPa)
shear stress (Il invariant )

< \ Y o

0 a
= juartz u r crust 8]
lower crust £ 2 I o ; \ o ippe! B
2 -40 1 3 quartz-diorite lower crust H
2 mantle I § —40f- i i ? -
-80H- - & dlivine ‘mantle lithosphere A
-60 v
-16. ST -18. S [ e
strain rate (log, 1/s) Time =0.6 My 16 i —14. -13.
Time = 0.6 My strain rate (log, 1/s)

Time = 5My (B >5)

syn-rift sediments post-rift sediments

R v e |
{lithosphere
asthenosphere
Rifted
margin Time =21My B=5)

incipient oceanic crust

asthenosphere

Nascen!

Ocean

Basin

B = 5)

eroded rit flanks N Time = 06My B=2)
=\ =

2777 I T T TTT TT T TN ERAS Rty

asthenosphere

Extensional
Basin

-1z, -1, -13. }
B=2) strain rate (log (1/s)) shear stress o} (MPa)


http://sp.lyellcollection.org/
http://sp.lyellcollection.org/

EROSIONAL FORCING OF BASIN DYNAMICS 219

The major effect is that it tends to keep the
hillslopes steeper than in the linear erosion case
(Fig. 4). Thus it favours more localization of the
rift shoulders than the conventional erosion law.
The relief produced by the non-linear erosion is
also more realistic than the relief produced by lin-
ear erosion.

When erosion is low, basin subsidence is
retarded. The related pressure gradient might not
be sufficient to counteract the pressure gradients
due to density contrasts between the crust and
mantle beneath the rift shoulders. The net flux in
the lower crust can be reversed in this case (Figs
3 & 4). It will thus retard subsidence of the basin
and accelerate collapse of the rift shoulders (Fig.
6).

Post-rift extension and compression

The accumulation of the eroded matter also
requires an adequate increase of the basin volume
in time. This can occur both in the vertical and
horizontal directions, by an increase of the depth of
the basin due to subsidence but also by progressive
horizontal spreading and onlap of sedimentary
deposits. A logical effect of the latter process is
widening of the basin resulting in additional exten-
sion. This gravity-driven extension is facilitated by
secondary post-rift extension due to diverging flow
in the lower crust.

Erosion cannot respond immediately to changes
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in surface uplift, particularly because it is con-
ditioned by a number of independent factors such
as climate and surface erodibility. Also, rock vis-
cosity limits the rate of the response of the lower
crust and asthenosphere to alternations in surface
load. This naturally introduces some delay in the
feedback between the surface and subsurface pro-
cesses. As is known from general studies of feed-
back systems (e.g. cybernetics, theory of auto-
mation, theory of oscillators, operations research
theory, etc.), positive feedback with no or in-phase
time shift with respect to the input signal results in
amplification of the system reply, and the system
can be even made to resonate. Out-of-phase (e.g.
delayed positive feedback) may result in various
oscillations on the output of the system, especially
in cases of rapid changes on the input or in the
behaviour of the feedback itself. For this reason,
one can expect extensional and compressional
oscillations, as well as oscillations in the rate of
subsidence caused by transient imbalances between
the forces of the gravity collapse, lower crustal
flow and erosion. Such oscillations in the rate of
basin subsidence are indeed observed is several
cases (e.g. Dnieper-Donez basin). Though they can
probably be explained by eustatic changes or deep
mantle processes, the ‘feedback’ nature is not
excluded. Such oscillations were also demonstrated
in previous semi-analytical orogenic models
(Avouac & Burov 1996), as well as in the numeri-
cal experiments of the present study. Even though
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Fig. 6. Subsidence curves corresponding to the case of Figure 3 compared to the classic McKenzie (1978) model.
(a) Subsidence curves for thermotectonic age 250 Ma. (b) Subsidence curves for thermotectonic age 400 Ma. Grey
dashed lines show predictions for respective McKenzie models. Note periods of relative syn- and post-rifting uplifts
related to structural changes (disappearance of certain mechanical layers) and misbalances between the surface pro-

cesses and tectonic reaction.
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we are confident that these oscillations are not
numerical artifacts (their period ranges from 10 ka
to several hundred thousand years, which is much
longer than the period of possible artificial oscil-
lations due to propagation of numerical waves
(<0.1 ka), this topic itself definitely requires a sep-
arate detailed study.

Conclusions

Erosion and sedimentation enhance rift thinning
and stabilize uplift on the rift shoulders, even dur-
ing the synrift phase, which is the result of the
present study, and largely during the post-rift phase
(here the numerical results confirm the analytical
predictions made by Burov & Cloetingh 1997).
The role of surface processes in the synrift phase
is especially important for rifts with young and
middle-age thermal structure, where it can result in
increase by a factor of 2 or more in extension than
without synrift erosion. This has very important
consequences for most common stratigraphic evol-
ution models based upon McKenzie’s (1978) or
Royden & Keen’s (1980) method of estimation of
the coefficients of extension.

This study shows that the syn- and post-rift evol-
ution of a rift is to a large extent a result of coup-
ling between surface processes (erosion and
sedimentation) and response of the lithosphere that
includes both rebound effects of localized weaken-
ing due to load, and flow in the lower crust. In
confirmation of the previous simplified studies (e.g.
Burov & Cloetingh 1997), we conclude that flow
in the lower crust facilitates both subsidence and
crustal thinning, uplift of the rift shoulders and
variation in the width of the basin (secondary
extension). If either erosion or subsidence termin-
ates for some reason, the lower crustal flow will
facilitate collapse of rift shoulders and thickening
of the crust and uplift of the basin. Erosion and
sedimentation in the post-rift phase can be respon-
sible for delays and accelerations of subsidence
with respect to common kinematic/thermal models.
It is evident that the carrying capacity and preferen-
tial direction of the fluvial network largely control
timing of sedimentary filling of the basin (e.g.
Kooi & Beaumont 1994). The tectonic reaction to
morphological loading and unloading depends on
the viscosity and other thermomechanical para-
meters of the system. Consequently, important
delays may appear between the tectonic action
(subsidence) and morphological reaction (surface
processes). In our case this results in uplift and sub-
sidence events without apparent reason.

We have demonstrated that synrift and post-rift
subsidence may occur at a slower rate than inferred
from common models (20-25%), and can be
characterized by sufficiently long periods of stag-
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nation or uplift resulting from interplay between
different rheological layers, lower or intermediate
crustal flow and surface processes. Rupture of the
quasi-elastic core of the intermediate crustal level
may result in rapid uplift of the mantle layer. Join-
ing (‘welding together’) of the rigid layers fol-
lowed by expulsion of the ductile crust results in
temporal flexural strengthening, stagnation of sub-
sidence and widening of the basin. In the post-rift
phase, multiple periods of stagnation result from
interplay between surface processes and the mech-
anical response of the lithosphere. This model
explains most of the actively discussed deviations
from thermal subsidence models such as slow or
rapid subsidence, periodical stagnations, and
uplifts.

The model explains basin evolution patterns
using only relatively well-constrained internal crus-
tal structure, and observable surface processes as
boundary/initial conditions. It does not need to
invoke external, poorly constrained phenomena
such as phase transitions or the inversion of tec-
tonic stresses.

Surface processes and interplay between various
mechanical layers in the lithosphere result in differ-
ent levels of necking for the same initial structure
and boundary conditions. In different stages of
extension, the level of necking may switch from
deep to shallow and vice versa. Thus, depending
on the duration of the tectonic extension, the basin
starts its post-rift subsidence from a shallow or
deep level of necking. Consequently, the tradition-
ally estimated level of necking cannot be directly
used to infer the initial lithospheric structure or
subsidence.

Evolution of the surface load in time due to sedi-
mentation in the hinterland and erosion in higher
flank areas continuously changes the strength of the
underlying lithosphere. Because flexure and inelas-
tic effects significantly change the geometry of the
crust and Moho, and especially the level of neck-
ing, it appears that it is difficult to trust in estimates
of the B-factors made on the basis of observations
of crustal geometry or backstripping reconstruc-
tions. We have demonstrated that the presence of
low viscosity lower crust of laterally variable thick-
ness may introduce an important time-dependent
contribution to the mechanical response of the
lithosphere. This effect must be taken into account
not only in basin modelling, but also in models of
post-glacial rebound of the lithosphere used to
determine the effective viscosity of the asthenos-
phere. One can predict some extensional and com-
pressional oscillations, as well as oscillations in the
rate of subsidence caused by transient imbalances
between the forces of the gravity collapse, lower
crustal flow and erosion.

In contrast to previous studies (e.g. England
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1983; Dunbar & Sawyer 1988), and in confir-
mation of some qualitative analytical results
obtained in (Burov & Cloetingh 1997; Burov &
Poliakov 2001), we show that post-rift strengthen-
ing results in greater integrated strength in the
middle of the rift basin than immediately outside
its flanks. The rift flank areas stay weak because
they are permanently locally weakened by flexure
and by enhanced conductive (in the lithosphere)
and also convective (in the asthenosphere) heat
transport on the borders of the extended area. If
extension continues, these areas nucleate new rift-
ing (not to be mixed with the results of Lavier et
al. (2000) on short distance normal fault jumping
in extending ideal brittle layer). This secondary
rifting does not require any new far-field extension
episode, because self-stressing due to the gravity
spreading and induced flows in the ductile crust
and the asthenosphere is already sufficient. Inter-
plays between strengthening and extension at the
end of a long (e.g. longer than 5 Ma) synrift phase
or at the beginning of a post-rift phase may explain
so-called abandoned rifts.

We greatly benefited from the highly instructive and
detailed review provided by the first anonymous reviewer
and T. den Bezemer. A co-creator of Paravoz, Y. Podlad-
chikov, is deeply thanked for generously sharing his
knowledge and experience. We also benefited from dis-
cussions with C. Ebinger, S. Cloetingh, M.-P. Doin, P.
Van der Beek and J. Chery. This study is supported by
IT Program of INSU (CNRS).

Appendix

Numerical model and rheological
assumptions

For numerical experiments (Fig. 1b) we adopted
the code Paravoz (Poliakov et al. 1993), which
allows for mixed brittle, elastic, viscous and non-
Newtonian temperature, stress and strain rate-
dependent power-law rheology and complex geo-
metrical structures. This code belongs to the so-
called Fast Lagrangian Analysis of Continua fam-
ily (FLAC) (Cundall 1989) of large strain, fully
explicit time-marching numerical algorithms based
on a Lagrangian ‘moving grid’ method. It is not
clear whether FLAC codes should belong to finite
difference or to finite element methods, since they
use a mixed formulation, which includes an
explicit method to solve algebraic finite-difference
equations, but implicit, matrix-oriented solution
schemes used in finite element methods. As in
finite element methods, the FLAC method uses
arbitrarily shaped numerical elements. To allow
small strain solutions to work for large strains,
FLAC codes rely on very small time steps. They
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solve for near incremental strains and then
explicitly numerically integrate them, because the
result of the model is by default the cumulative
effect of all the small strains over all time steps.

The major advantage of the FLAC method is its
capacity to model initialization and evolution of
non-predefined faults, which is crucial for this
study. This algorithm and its application to caldera
modelling were described in detail in Burov &
Guillou-Frottier (1999).

As with other FLAC codes, Paravoz solves
Newton’s equations of motion in continuum mech-
anics formulation:

pdv/ot — dolox; — pg; =0 (Al)
where v is velocity, g is the acceleration due to
gravity and p is the density. The numerical mesh
moves with the material, and at each time step the
new positions of the mesh grid nodes are calculated
from the current velocity field (Cundall 1989). As
mentioned, the code is explicit and uses very short
time steps and very small elements. Since no global
stiffness matrix is needed, it is a trivial matter to
update coordinates at each time step in large-strain
mode. Equation (A1) is solved in the local evolving
coordinates, thus the strain can be small with
respect to moving Lagrangian coordinates, but
large with respect to a fixed Cartesian grid. The
local area rotation at large strain is accounted for
by adjusting appropriate tensor components, €.g.
stress tensor components oy are adjusted as oy =
0; + (w0 — gzw) where the finite rotation o
is given by w; = % (du/dx; — du/dx,). Solution for
velocities at mesh points is used to calculate
element strains €;. These strains are employed in
the constitutive relations yielding element stresses
oy and equivalent forces pd,/d, which provide
input for the next calculation cycle. For elastic and
brittle materials the constitutive relations have a
linear form:

€, =A0,; + 4, (A2)
where A, A, are constitutive parameters (Table 1).
For a ductile rheology these relations become:

& =Ac" oy (A3)
where ¢ is the strain rate and o = (3o;0,)? is the
effective stress (second invariant of the deviatoric
stress). The variables n (the effective stress
exponent) and A (constitutive parameter) describe
the properties of a specific material (Table 1). For
ductile materials, n usually equals 2—4 and A is
depth and temperature dependent (A = A,
exp(—H/RT)). For the brittle and elastic materials
A is usually only depth dependent. Yet, A and A,
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can be functions of strain or stress for softening or
hardening materials. To allow for explicit solution
of the governing equations, the FLAC method
employs a dynamic relaxation technique based on
introduction of artificial inertial masses in the
dynamic system. The adaptive remeshing tech-
nique allows strain localizations resulting in the
formation of faults. The method does not use
inherent rheology assumptions, in contrast with
common finite-element techniques.

For the elastic rheology, we use the following
constitutive parameters: £ (Young’s) modulus = 80
GPa and v (Poisson’s ratio) = 0.25. The brittle
behaviour is presented by Mohr-Coulomb plasticity
with cohesion softening (friction angle 30°,
cohesion decreases from 20 MPa at zero strain to
0 at 1% strain; Gerbault et al. 1998).

Since the ductile rheology is temperature depen-
dent, the mechanical balance equations are coupled
with the heat transport equations:

div(kVT) — pC,0T/ot + H, = vVT (A4)
where v is the velocity tensor, C, is the specific
heat, k is the thermal conductivity tensor, H is radi-
ogenic heat production per unit volume (here we
use the commonly inferred values adopted, e.g. in
Burov & Diament (1995). The solution of the right-
hand side (diffusive) and left-hand side (advective)
part of Equation A4 is separated: the latter is calcu-
lated automatically when solving the equations of
motion, whereas the former is computed using a
separate procedure.

The size of the mesh elements was between 50
m X 50 m and 250 m X 250 m.
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