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Abstract. We use a fully coupled asymmetric dynamic finite element model to study inter-
actions between thermomechanical behavior and surface processes during continental rift
evolution. The model accounts for (1) nonlinear brittle-elastic-ductile rheology, layered
lithological structure, and faulting; (2) heat transport and thermal buoyancy forces; and (3)
“true” erosion and sedimentation (grid elements are eliminated and recreated). Faults are not
predefined but are self-localized; their distributions and geometry are model outputs, which
provides new geologically sensible constraints on its validity. We test previous ideas on rift
evolution based on numerical and analytical component theories (or individual parts) of our
model. After demonstrating that our coupled model reproduces classic rift features, we then

demonstrate that synrift surface processes result in enhanced lithospheric thinning and
widening of the basin, so that the apparent stretching factors increase by a factor of 1.5-2.
Sedimentation results not only in thermal but also in localized flexural weakening of the
lithosphere, which locally compensates strengthening due to cooling. Erosion on the uplifted
flanks produces local strengthening and rebound. Surface processes produce pressure gradi-
ents, which drive a ductile crustal flow that (1) provides a fast feedback with tectonic proc-
esses and controls subsidence rates and flank stability and (2) drives a secondary extension
or compression and uplift on the late synrift/early postrift phase. Our results indicate that
kinematic and dynamic rift models that ignore erosion may produce misleading results in
many rifts. We reproduced and explained a number of enigmatic synrift phenomena, such as
(1) polyphase subsidence provoked by switching of the level of necking between different
competent lithological layers and (2) synrift and postrift stagnation and vertical accelera-
tions unassociated with tectonic stress inversion or phase changes.

1. Introduction

Rift evolution is a coupled problem where thermal and me-

chanical processes closely interact. The interaction of these
processes with surface erosion and sedimentation is much less
studied because most of the existing kinematic and dynamic
basin models focused on thermomechanical processes and ig-
nored synrift and postrift surface processes. Most of early rift
modelers have considered only thermomechanical processes
[e.g., England, 1983; Kusznir et al., 1987, Dunbar and
Sawyer, 1988; Watts and Torne, 1992; Chery et al., 1992,
Bassi, 1995, Hopper and Buck, 1996]. Others have focused
their studies on surface processes only and, at best, coupled
them with simple isostatic reaction using equivalent forces in-
stead of true erosion/sedimentation [Ebinger et al, 1991;
Kooi and Beaumont, 1994; van der Beek et al., 1995; van
Balen et al., 1995; Burov and Cloetingh, 1997]. In addition,
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many studies have also investigated the importance of secon-
dary effects of erosion and sedimentation such as retarded
cooling due to thermal blanketing in a type of sensitivity
analysis [e.g., England and Richardson, 1980; Stephenson et
al., 1989; Lobkosvsky and Kerchman, 1992]. Although forma-
tion and evolution of the border faults are major factors of rift
evolution, none of the previous coupled models allowed faults
to form, rather than a priori specifying their locations.

Effects of coupling between the surface and subsurface
processes (apart of simple elastic flexure) were investigated in
only a few semianalytical models: Burov and Cloetingh [1997]
studied the influence of surface processes during the postrift
phase using a small strain multilayer model with nonlinear
rheology, which neglected faulting; Poliakov et al. [2001]
conducted a simplified complementary analytical study of syn-
rift erosion.

At close consideration, it appears to be invalid to ignore
surface processes in mechanical models. The former produce
and laterally redistribute normal loads of 50 to 500 MPa; that
is of the same order as the tectonic forces (5-22 km of sedi-
ments over 50-200 km horizontal distances, e.g., Pannonian
basin, Albert rift, Baikal rift, Dnieper-Donetz basin [e.g.,
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Burov and Cloetingh, 1997]). Erosion “follows” the tectonic
deformation because its rates are strongly dependent on local
topography heights and slopes [van der Beek et al., 1995; van
Balen et al., 1995; Burov and Cloetingh, 1997]. In contrast to
inherent assumptions implied in common models [e.g.,
McKenzie, 1978], surface depressions cannot be automatically
filled with sediment because the infill rates and sedimentary
volumes are limited by the production capacity of the flank
‘erosion and by the transport capacity of the fluvial network.
The latter depend on many factors such as regional climate and
soil type and may be insufficient or excessive resulting in dif-
ferent mechanical responses of the system to equivalent tec-
tonic inputs. ‘

As was first suggested by Lobkovsky and Kerchman [1992],
sedimentational and erosional loading/unloading may drive
flow in the ductile crust (Figures 1c and 1b). Further develop-
ing this idea, one can suggest that erosional removal of the
uppermost cold strong brittle material must be compensated at
depth by uplift of a weaker ductile material (Figure 1a), re-
sulting in thinning and thus in easier extension of the strong
upper crustal layer. Following Burov and Cloetingh [1997],
one can also suggest that the inelastic flexure and yielding un-
der sedimentary load should lead to (1) more localized depres-
sion in the middle of the basin; (2) enhanced extension due to
reduction of the lithospheric resistance; (3) maintenance of
high strength beneath the flanks; and (3) formation of secon-
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dary zones of flexural weakening just outside the flanks (Fig-
ure 1b and Burov and Cloetingh [1997]). These effects are
actually observed [e.g., Ebinger et al., 1989, 1999] and, natu-
rally, should influence subsidence phases inferred from tec-
tonic geomorphology and fission track age/length patterns
[Rohrman et al., 1995].

Previous models have considered only separate pieces of
the “tectonics/surface processes/faulting” puzzle. In the
present study, we combine a state-of-the-art model of ther-
momechanical and surface processes to investigate influence
of the latter on both synrift and postrift evolution, with pri-
mary accent on their interplay with ductile flow and faulting
during the synrift phase. Our second goal is to test the relative
importance of some previous ideas, such as those of postrift
strengthening due to cooling [e.g., England, 1983] and of its
possible compensation by thermal blanketing [Stephenson et
al, 1989] and flexural weakening [Burov and Cloetingh,
1997]. For that we modified the finite element method (FEM)
code Parovoz [Poliakov et al., 1993], which handles previ-
ously unaccounted brittle strain localization (faulting) and
“true” surface erosion (the grid elements are really “eroded”
and “deposited” with appropriate changes in physical proper-
ties). Common limitations of the previous models are also cir-
cumvented through incorporation of nonlinear brittle-elastic-
ductile rheology, rift asymmetry, thermal transport, and ther-
mal buoyancy forces.

. EROSION

*

INITIAL STATE

® %

eroded portion
P

W. EROSION

Hl. ISOSTATIC
REACTION

P

brittle-ductile . . ...} 1.
transition

EEEY =k

A weak ductile
= crust

ww&%":’wag

sea level ......

d'<

Figure 1a. Erosion and tectonic response, illustration of basic ideas. Simplified cartoon (local isostasy) ex-
plaining short-term weakening and thinning of crust resulting from erosion and isostatic reaction. Here d
and d’ are the thicknesses of a strong crustal layer before and after a single erosion/reaction cycle, respec-
tively. Erosion removes uplifted topography, which results in reduction of the thickness of the strong crus-
tal layer. This removal is partly compensated by isostatic uplift of the ductile material, but the thickness of
the strong layer is vanishing. Thus when extension is applied, erosion will ease extensional thinning.
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Figure 1b. Role of nonlinear continental rheology (yield-stress envelope, left) in flexural deformation un-
der surface load and tensional stress (after analytical models of Burov and Diament [1996] and Burov and
Cloetingh [1997]). Bending stress results in strong localized inelastic yielding in areas of maximal flexure
and consequently in strong weakening (reduction of the integrated strength, or effective elastic thickness
(EET), curve f).of the lithosphere below the sedimentary load and outside of the flanks. This weakening
may be as important as that due to extension (e). Note secondary flexural weakening zones outside the rift

flanks.

2. Fully Coupled Threefold Thermomechanical
Model of Synrift and Postrift Basin Evolution

2.1. How It May Work? Basic Ideas

Erosion is a selective process that first acts on “fresh” (i.e.,
rough, steep) growing topography. If the topography growth
accelerates, erosion rate accelerates too; if the topography
flattens, the erosion rate goes down as well. Rift flanks, pop-
up structures, and tilted blocks resulting from tectonic exten-
sion are thus the first targets of erosion. In a mechanically
balanced system, removal (unloading) of uplifted topography
must drive a compensatory (e.g., isostatic) rock uplift. This
uplift occurs at the expense of near surface strong cold brittle
crustal material and of hotter ductile material at depth. Most
rift systems are characterized by elevated heat flow imposing
temperatures higher than 300°C at 15 km depth and 600°C at
Moho depth, which suggests that granite upper crust and even
more basic lower crust must be ductile [Carter and Tsenn,
1987; Brace and Kohistedt,1980]. Consequently, removal of
strong surface material is balanced by uplift of a much weaker
matter from below, which means that the competent part of the
upper crust vanishes without extension (Figures la and 1b).
This nonextensional erosional thinning of the competent crus-

tal layer facilitates the “job” of -the extensional tectonic or
asthenospheric forces (Figures 1b and 1c).

According to the simplified postrift model by Burov and
Cloetingh [1997] the upflow of the ductile crust must be
strongest in the flank area because it is enforced by lateral out-
flow from under the middle of the basin. This outflow is pro-
voked by local pressure rise induced by the developing sedi-
mentary load and rift necking: As the ductile crustal channel
thins under the center of the basin, the ductile crust gets
laterally squeezed outward (Figure Ic). If necking and sedi-
mentation become insufficient to force outward crustal flow,
the crust will flow back, i.e., from the flanks to the middle of
the basin. Dynamic pressure differences in the ductile crust re-
sulting from erosion/sedimentation (10-50 MPa [Burov and
Cloetingh, 1997; Bertotti et al., 2000]) are high enough to
override other contributions to nonhydrostatic pressure (Figure
1c). One can also hypothesize that for a shallow level of neck-
ing, the basin should primarily subside into the ductile crust
during the initial stages of rifting. If significant “intracrustal”
subsidence occurs, the induced ductile crustal flow will com-
pete with the background tectonic flow. Consequently, this
flow will provide an effective feedback between the surface
and subsurface processes.
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2.2. Threefold Large Strain Numerical Implementation

The interplay between surface and subsurface loads and
forces is treated in our threefold (surface processes, mechani-
cal behavior, heat transfer) fully coupled numerical algorithm
Parovoz developed with large involvement of Y. Podladchikov
[Poliakov et al., 1993]. Parovoz is a hybrid finite ele-
ment/finite differences fully explicit time-marching Lagran-
gian algorithm derived from the widely known FLAC algo-
rithm (see Cundall [1989] and Appendix A for details). The
new modifications include (1) the erosion/sedimentation
model from Burov and Cloetingh [1997]; (2) rheological and
lithological model from Burov and Cloetingh [1997]; (3) heat
advection and conduction including initial age-dependent
temperature field [Burov and Diament, 1995; Lavier et al.,
2000]. Parovoz handles rheologically complex behaviors in
large strain mode (Appendix A), including localization and
propagation of nonpredefined faults (shear bands), power law
creep, and various kinds of strain-softening and work-
hardening behaviors [see also Buck and Poliakov, 1998; Burov
and Molnar, 1998; Gerbault et al., 1999; Burov and Guillou-
Frottier, 1999].

2.3. Surface Processes

Surface load evolution is described through diffusion-like
erosion laws and fluvial transport laws [Gossman, 1976;
Kirkby, 1986; Willgoose et al., 1991; Leeder, 1991; Beaumont
etal., 1992]:

Slope erosion dwdt = k' (x,h,Vh) V2h, (1)
Fluvial transport qfe=-K,.q,dh/dl, 2)
where 4 is topography, ¢ is time, x is horizontal coordinate, k*
is experimentally established scale-dependent coefficient of
erosion, g, is river discharge, dh/dl is the slope in the direction
of the river drainage, e is material flux due to fluvial trans-
port, K, is a nondimensional transport coefficient, and / is the
distance along the transporting channel. For nonlinear erosion
laws, called first- second- and third-order erosion laws, K is
a function of the first, second or third power, respectively, of
the topography gradient [e.g., Kooi and Beamont, 1994]. For
simplicity, we used zero-order linear diffusion (k* is constant)
for the short-range erosion and flat deposition for long-range
fluvial transport below 100 m [4vouac and Burov, 1996]. It
should be noted that assumption of conservation of matter
would require that the slope eroswn law (1) takes form
dwdt = div[k*(x,h,Vh) Vi . 3)

Yet the slope law (1) is derived empirically and thus only
resembles diffusion law in case of nonconstant coefficient of
erosion [e.g., Gossman, 1976]. In this case the difference be-
tween this law and classical diffusion reflects unaccounted
material loss from the system.

2.4. Rheology

In contrast to classical studies [e.g., Dunbar and Sawyer,
1988], which used linear rheologies to fit desired rheological
yield-stress envelopes, we implicitly use the nonlinear brittle-
elasto-ductile rheology laws from Brace and Kohlstedt [1980],
Carter and Tsenn [1987], Kirby and Kronenberg [1987],
Kohlistedt et al. [1995], and Ranalli [1995]. We assume
quartz-dominated upper crust, quartz-diorite or quartz-con-

trolled lower crust, and olivine-dominated mantle (Figures 1b
and 1c). The ductlle behavior is presented by power law creep:
£ = A, exp (-H /RT) (c1-05)" , where & is strain rate, T is
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temperature, ¢, and o; are the principal stresses, 4o, H "R,
and » are the material constants explained in Table 1. The
brittle part is given by Byerlee’s law [Ranalli, 1995] approxi-
mated by Mohr-Coulomb plasticity with friction angle 30° and
cohesion of 20 MPa. The elastic part is defined using com-
monly inferred values of elastic constants for lithospheric
rocks [Turcotte and Schubert, 1982] (Table 1).

Subsidence of a basin is largely controlled by its integrated
flexural strength. It must be noted that this strength (often ex-
pressed in terms of equivalent elastic thickness of the litho-
sphere, EET) cannot be evaluated from simple summation of
the respective strengths of each rheological layer if some of
the layers are mechanically decoupled from each other. The
EET of a totally decoupled layered system is ~2-3 times
smaller than that of a coupled one. The EET of a decoupled
system can be roughly estimated as EET = (24)"”, compared
to simply Z4; for a coupled one, where 4;is the thickness of ith
competent rheological layer [Burov and Diament, 1995]. This
effect should be kept in mind in relation with the following
description of the experiments and discussion of the results.

2.5. Boundary and Initial Conditions

‘The boundary conditions include constant lateral velocity,
free upper surface and pliable Winkler basement [Burov and
Cloetingh, 1997]. The numerical mesh is rectangular and
composed of 62,500 to 125,000 quadruple elements each con-
structed of two couples of overlapped triangular elements
[Cundall, 1989]. The initial thermal structure is defined from
the thermotectonic age (age of the last large-scale thermal
event) of the lithosphere before rifting, calculated from the
half-space model given by Burov and Diament [1995]. Fol-
lowing Chery et al. [1992], a small (100°C) Gaussian shaped
temperature anomaly at the bottom is used as the initial per-
turbation. Other parameters are given in Table 1. The size of
computing area varies from 80 km x 20 km for young hot
lithosphere to 500 km x 150 km for old cold lithosphere.

3. Experiments and Results

We varied three major parameters: (1) initial thermo-tec-
tonic age (#,), varied from young (50 Ma) to middle (250 Ma)
and old (400 Ma); (2) rifting phase duration, varied from
short, 1.5 Myr, to long, 7 Myr; and (3) erosion rate or, more
precisely, presence or absence of coupled erosion. By coupled
erosion we mean erosion/sedimentation whose intensity is
tuned to balance the tectonic uplift/subsidence [see Avouac
and Burov, 1996; Burov and Cloetingh, 1997].

A series of experiments were conducted to estimate the re-
spective importance of each parameter at a time. For all cases
we used a representative continental extension rate of 25 mm
yr'! and initial crustal thickness of 40 km [e.g., Doser and
Yarwood, 1994]. A three-layered rheological structure (Figure
1c) was imposed: 20 km thick upper crust, 20 km thick lower
crust, and 80 km thick mantle lithosphere.

In total, we present the results of 12 experiments (three
representative values of age times two values of erosion times
two values of synrift duration). Each computer run takes ~ 3-
14 days on a biprocessor workstation Sparc Ultra 60 because
of "high numerical resolution and short computation step
needed for localization of shear zones and handling nonlinear
rheology. For this reason, there was no possibility to vary pa-
rameters at a smaller increment.
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Table 1. Basic Parameters Used
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Variable/Parameter Values and Units Comments
Initial crustal thickness 7, 40x10°* m continental crust
Initial upper crustal thickness 20x10° m continental crust
Initial lower crustal thickness 20x10° m continental crust

Extension rate

25x10%my*, 50 x10° m y!

applied on both sides

Thermotectonic age ¢, 50, 250, 400 Myr young, intermediate, old plate
Coefficient of erosion & 0, 500, 1000 m? y! zero, intermediate, rapid erosion
Background strain rate € 107 t0 107 5™ obtained from calculations
Young’s modulus £ 80 GPa all rocks

Poisson’s ratio v 0.25 all rocks

Universal gas constant R 8.314 J (mol K)™ used in power law

Power law constant Ao =4 1 * 5x1072 pa 571 dry quartzite (upper crust)
Power law constant n=n; 3 dry quartzite (upper crust)
Creep activation entalphy H'= H’ el 190kJ mol-1 dry quartzite (upper crust)

Power law constant 4y = A ot

5.01x10"% pa 571

dry diorite (lower crust)

Power law constant n=n_, 24 dry diorite (lower crust)
Creep activation entalphy H'= H" o 212K mol! dry diorite (lower crust)
Power law constant Ao =4 ,, * 7x 10" Pa sl olivine

Power law constant n=n ,, 3 olivine

Creep activation entalphy H'= H' m  S20kJ mol-! olivine

Density py 2300 kg m3 at 0°C uncompacted sediment
Density p.; 2650 kg m3 at 0°C upper crust

Density p, 2900 kg m™3 at 0°C lower crust

Density p,, 3330 kg m™3 at 0°C mantle

Gravity constant g 9.8 ms2

Initial thermal thickness of the

150x10%, 250x10° m

corresponds to the depth to

lithosphere a, 1330°C
Temperature at the 1330°C used to compute initial
Base a, of the lithosphere 7, geotherms
Thermal diffusivity ¥, 8.3x107 m2 57! upper crust
Thermal diffusivity x> 6.7x107 m?2 571 lower crust
Thermal diffusivity y,, 8.75x10"" m2 57! mantle lithosphere
Thermal conductivity kg 1.6 Wm'l K1 uncompacted sediment
Thermal conductivity k4 25WmlK! upper crust
Thermal conductivity &, 2wWmlkl lower crust
Thermal conductivity &,, 3.5WmlK! mantle lithosphere
Radiogenic decay depth A, 10x10° m upper crust

Surface heat production H
Coefficient of thermal expansion a.
Coefficient of erosion k

3.1 x1073 K1

9.5x10°10 W kgl

200-1000 m? y'!

upper crust

surface processes

The first variable model parameter, thermotectonic age,
controls the initial thickness of the competent and ductile
rheological layers and thus predefines three end-member
lithospheric structures. By varying this major parameter we
simultaneously vary respective thicknesses of the competent
and ductile upper, lower crust and mantle lithosphere (Figure
1c):

Structure 1 is young lithosphere with strong crust and weak

mantle. This case corresponds to a young hot lithosphere with

thermotectonic age f, =50 Ma (see rheological envelope in
Figure 1c). At 50 Ma the mantle layer is almost completely
ductile, and its strength is practically negligible. The crust thus
dominates in the mechanical response of the lithosphere.
Structure 2 is middle aged lithosphere with strong crust and
equally strong mantle (¢, =250 Ma, Figure 1c). This is a geo-
dynamically most important scenario for it likely corresponds
to majority of continental rift systems [e.g., Bertotti et al.,
2000]. In this case the ductile lower and intermediate crust
can form flow channels delimited by rigid flexible crustal and

mantle layers, resulting in large diversity of possible mechani-
cal behaviors.

Structure 3 is old lithosphere with strong crust and very
strong mantle (¢, =400 Ma, Figure 1c). For thermotectonic
ages of 400 Ma and more, the strong mantle layer dominates
in the mechanical response of the lithosphere (e.g., Baikal rift
[Déverchere et al., 1991; Doser and Yarwood, 1994; Petit et
al., 1997)).

Plates 1 and 2 and Figures 2 and 3 will show direct results
of the numerical experiments (shear stress, velocity, tempera-
ture or strain rate fields), whereas Figure 5. will present the
geodynamic structural interpretation of these experiments.
Reading numerical results requires some experience, and we
note that the shear stress patterns are useful to estimate the
current integrated strength of each individual rheological layer,
which is roughly proportional to the thickness of the respec-
tive high stress zone multiplied by the normalized average
stress value in it. More quantitative integrated strength esti-
mates will be given in Figure 4. Localized strain rate patterns
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indicate shear zones, such as zones of active faulting or of de-
coupling between the rheological layers or zones of intensive
ductile flow.

3.1. Structure 1 (Young Age, £, =50 Ma): Strong Upper
Crustal Layer and Weak Underlying Layers

For £=50 Ma, plate strength is concentrated in the upper
crust, and the level of necking is very shallow (Figure 1c). The
mantle lithosphere thus can be replaced with isostatic thermal
basement (Winkler forces plus thermal boundary condition at
the bottom), which allows us to reduce the vertical size of the
numerical box. Plate.1 presents results of two experiments for
a short rifting episode (1.5 Myr). In the case on the left, there
is no synrift erosion, and the predicted topography and distri-
bution of faulted blocks closely resemble those observed in the
slow spreading oceanic rift zones (numerically reproduced by
Buck and Poliakov [1998] for oceanic thermorheological set-
tings). This similarity serves as an important test for the
model: At the sea bottom, there is little erosion, and it is natu-
ral to obtain oceanic basement structures. The case of fast syn-
rift erosion on the right of the Plate 1 is very different. First,
though not surprising, the overall form is much smoother, but
with shorter length-scale fault blocks well represented. Sec-
ond, less expected, the thickness and the deep structure of the
rift significantly differ from the “oceanic” case shown on the
left: extension with coeval erosion results in almost 2 times
thinner crust and ~1.5 times larger rift basin. The amount of
tectonic stretching is exactly the same in the both cases, but
the value of apparent £ factor, if one tries to derive it by
matching subsidence curves with commonly inferred analyti-
cal models [McKenzie, 1978], would be ~2 times larger in the
second case. In practice, this also means that when seismic or
gravity data allow for estimates of crustal thinning (8 coeffi-
cient) but interpretable stratigraphy data are unavailable (e.g.,
Ebinger et al. [1989] or Petit et al. [1997]), attempts to repro-
duce subsidence history using “observed” S coefficient and the

MM

merztatzera .

&b’?’”%@%w"@z%u
UPWELLING (ACTIVE OR PASSIVE)

BUROV AND POLIAKOV: EROSION AND FEM RIFT MODELS

McKenzie [1978] model will yield improper reconstruction of
synphase thinning, subsidence, and thermal history.

The demonstrated effect of synrift erosion is explained in
Figure la: Erosion destroys and unloads the uppermost cold
and strong crustal layer, which provokes isostatic uplift of
weaker ductile crustal material that replaces the strong layer;
this replacement locally reduces resistance to tensional stress
and results in faster thinning. Synrift depositional load also re-
sults in flexure of the plastoductile crust, which provokes lo-
calized yielding and weakening in the center of the basin
(Figure Ic, see also Burov and Cloetingh [1997]), the latter
locally reduces resistance to tensional stress and thus
accelerates thinning. Long rifting episode (7 Myr) is not
shown for the 50 Ma case, because the young lithosphere is so
weak that even half of this time (3.5 Myr) is largely enough for
initiation of continental breakup, a topic which is beyond the
scope of this study.

3.2. Structure 2 (Intermediate Age, ¢, =250 Ma): Equally
Strong Crust and Mantle Layers

This initial structure is representative for the majority of rift
systems with initial thermal age between 100 and 350 Ma.

3.2.1. Early extensional phase. In this case (Figures 1c and
2), there are initially three competent layers of comparable
thickness (the upper and lower crustal and mantle one) me-
chanically decoupled from each other by low strength ductile
layers resulting from differences in creep activation tempera-
tures specific for respective lithologies (Table 1). As expected
[Burov and Cloetingh, 1997], such decoupling results in very
weak behavior of the rift because the flexural resistance (EET)
of a decoupled layered system is ~2-3 times smaller than that
of a coupled one [Burov and Diament, 1995]. In the experi-
ment, viscous and plastic necking occurs independently at dif-
ferent levels in the crust and mantle. Hence the location of the
maximum strain zone jumps from one level to another, result-

RHEOLOGY
Ac[Mpa]
20 00 0 o 20
- QUARTZ
OIORITE -2
MOHO >
L 40
L -50
L 30
50 Maj
1 o250 Ma "
E _ H £3400 Ma | 120
JCOMPRESSION | TENSION | 4a

Figure 1c. Sketch of the numerical problem. The sedimentary load derived from erosion on the flanks is
accumulated in the basin. Strong parts of the crust and of mantle lithosphere bend under this growing load
and weaken due to flexural yielding. As result, the integrated strength is reduced beneath the basin and
shoulders (bottom) and with time may become lower than immediately after extension. The lower crustal
material flows from center of basin toward the shoulders facilitating their uplift. Two major rheological
scenarios are possible: weak lower crust (Figure 1b) and strong basic lower crust (this figure).
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Figure 2b. Experiments with intermediate erosion (k=500 m” y™'), consequent phases of synrift evolution
(time from 0 to 6.4 Ma) and beginning of the postrift phase (from > 6.4 Ma). The parameter £ is the total
extension of the area with respect to the initial model length, Fis the resulting apparent stretching factor in
the center of the rift, and L is the ratio of the maximum length of the locally thinned area (crust, mantle, and

surface) to the initial model length.

ing in strong variations in geometry of the flexural basin and
of subsidence rate. The experiment shows that erosion and
sedimentation during the synrift stage may invert the direction
of the vertical crustal movement (Figures 2a and 2b). Rapid
erosional unloading on the flanks and induced ductile crustal

flow causes a temporal uplift (duration of ~0.3 Myr in this
particular case) in the middle of the basin followed by a slow
subsidence. The crustal flow also allows for relative uplift and
subsidence of the upper crustal, lower crustal and, mantle
parts. Comparison of the experiments with zero and strong
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synrift erosion (Figure 2a) allows us to conclude that coupled
surface processes not only accelerate or retard extension (as in
the case of Plate 1) but also influence the level of necking, re-
sulting in strongly different basin geometries and different
synrift and postrift subsidence histories.

3.2.2. Late extensional weakening. At later stages of the
synrift phase the crustal and mantle rigid cores vanish and
disappear in the middle of the rift, where the strong material
from the ruptured competent layers is replaced by weak ductile
material. Rupture of the strong lower or intermediate crustal
core results in abrupt reduction of the mechanical resistance to
the ascent of the hot mantle/asthenosphere. The latter ascends,
producing accelerated Moho uplift, whereas the ductile upper
crust fills in the space previously occupied by the lower crust,
resulting in accelerated basement subsidence. Late stage ex-
tension (Figure 2b) results in complete rupture of all compe-
tent layers. Ruptures of the layers are not simultaneous (unless
by coincidence) and are followed by abrupt weakening of the
system and consequent vertical acceleration of the lithospheric
layers (Figures 2a and 2b).

3.2.3. Late extensional strengthening. The same amount
of extension results in abrupt strengthening of the rift if the
competent layers get close together before the final rupture.
Indeed, thinning results in the decrease of the distance be-
tween the competent layers, which forces the ductile crust to
squeeze out laterally toward the rift shoulders (Figure 2).
When the strong cores of the upper, lower crustal, and mantle
layers join each other, they become mechanically “welded’’
(Figure 2b), or coupled, and the flexural strength of the litho-
sphere (EET) should double or triple (section 2.4). This
strength increase arrives well before the lithosphere starts to
strengthen by cooling. Welded crustal layers form a single
necking zone. The welded mantle/asthenosphere multilayer
approaches the surface, cools, and becomes even more strong.
Outward expulsion of the ductile material, provoked by
interlayer “welding” in the middle, contributes to the uplift on
the rift flanks and crustal thickening outside of the basin, as
has been interpreted in several seismic studies of active rift
zones [e.g., Ebinger et al., 1999]. The basin subsidence slows
down and is followed by lateral enlargement of the basin. As
can be seen from Figure 2, welding of the competent layers in
the middle of the basin is preceded by similar welding under
the rift flanks, which locally doubles the elastic thickness in
the flank area. Bending stress tends to zero in this area, and
thus inelastic flexural weakening is also lowest here (see also
Figure 1b). Such localized flexural strengthening at rift bor-
ders helps to maintain the flank uplift. It is noteworthy that
gravity and apatite fission track studies of, for example, the rift
flanks of the East African Rift system, confirm that the ex-
tended continental lithosphere maintains considerable strength
during the synrift stage, leading to long-lived rift flank uplift
[Karner and Watts, 1982; Bechtel et al., 1990; Ebinger et al.,
1989;1991, 1999; Ebinger and Sleep, 1998].

3.2.4. Late extensional complexities. Depending on which
event occurs earlier, rupture of the competent layers or their
mechanical coupling, basin subsidence sharply accelerates or
slows down. One of the layers can be deflected more than
others, creating a relative depression (or relative thickening) in
the ductile crust under the basin. This depression drives inflow
of the ductile crust from outside of the basin and results in re-
tardation (even in relative uplift) or acceleration of basement
subsidence. As suggested by Royden and Keen [1980], White
and McKenzie [1988], and Kaufman and Royden [1994], the

BUROV AND POLIAKOV: EROSION AND FEM RIFT MODELS

averaged crust and mantle S factors may differ within a basin.
Our experiment suggests that the internal crustal levels may
also exhibit different S factors and even be deflected in oppo-
site directions. For example, the upper crustal layer may sub-
side while the lower or intermediate crustal layers move up-
ward (Figure 2).

3.2.5. Postrift phase. In addition to the semianalytical re-
sults of Burov and Cloetingh [1997], who have shown that
surface processes and induced crustal flow enhance total basin
subsidence, the experiments demonstrate that thermal subsi-
dence of deep mantle layers may have no immediate effect on
the near-surface crustal layers. Strong mantle may subside in-
dependent of the strong crust (in time and space), whereas the
increasing mantle-crust gap is filled by ductile crustal material.
The inflow of the ductile crust under the basin results in thin-
ning and coupling of the crustal layers under its flanks.

3.3. Structure 3 (Old Lithosphere, #,=400 Ma): Mantle
Layer Stronger Than the Crustal Layer

In this case, the strong mantle layer is considerably thicker
than the strong crustal layers (Figure 3), and the effective vis-
cosity of the lower crust is high enough to prevent crust-man-
tle decoupling, so that at the beginning, the crustal deforma-
tion is coupled with that of the mantle lithosphere. The rift ba-
sin is narrower and deeper than in the previous case. If rifting
continues for a significant time period (>3 Myr), the strong
mantle layer finally ruptures, allowing accelerated astheno-
spheric ascent (Figure 3b).

Even in this case the importance of the surface processes is
nonnegligible depending on the erosion rate: The erosion and
sedimentation (Figure 3) can (1) provoke stagnation and even
uplift periods during the synrift phase, (2) favor development
of asymmetric extension patterns owing to the fundamental
property of the erosion to amplify surface velocity anomalies
such as sliding on the faults, and (3) result in localization of
faulting at the borders of the rift.

4. More Results and Discussion

4.1. Subsidence and Strength Evolution

Figure 4 shows subsidence and integrated strength (EET)
evolution curves for the experiments from Figures 2 and 3,
compared to pure thermal subsidence curves. In the experi-
ments shown in Figures 3 and 4 (bottom right), ductile flow
and strength variations result in pronounced postrift uplift
about 10 Myr after the synrift phase. One can also observe
synrift and postrift oscillations in the subsidence rate resulting
from interplays between differential necking, ductile flow, sur-
face processes, gravity spreading, and asthenospheric upflow.
The relative importance of each of these mechanisms is dis-
cussed in sections 4.2-4.7, but one can already emphasize the
crucial influence of the surface processes on the mechanical
strength of the lithosphere (strong EET reduction) and thus on
the overall isostatic response of the rift system (Figure 4b).

4.2. Evolution of the Surface Topography and Crustal
Structures

The fully coupled numerical model predicts geologically re-
alistic [e.g., Salveson, 1978; Cloetingh et al., 1982; Buck,
1991; Ziegler, 1994; Olsen, 1995] rift and fault structures and
stages of rift evolution [Salveson, 1978] (Plate 2): Half-gra-
ben, graben, continental extensional basin, continental
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Figure 3b. Experiments with intermediate erosion (k=500 m’ y), consequent phases of synrift evolution
(0-6.4 Ma) and beginning of the postrift phase (¢ > 6.4 Ma). The parameter /3 is the total extension of the
area with respect to the initial model length, Sis the resulting apparent stretching factor in the centre of the
rift, and L is the ratio of the maximum length of the locally thinned area (crust, mantle, and surface) to the

initial model length.
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Figure 4a. Strength evolution in the center of the rift and subsidence stages produced by the numerical ex-
periments from Figures 2 and 3 compared to common thermal subsidence model. Thermal subsidence is
shown by curves for the commonly used McKenzie [1978] model predicting subsidence after extension
ceased, (top left) those for a=125 km (q, is the initial depth to isotherm 1330°C, called thermal thickness of
the lithosphere), (top right) analogous curves for =250 km (solid lines) compared with a=125 km (dashed
line), (bottom) subsidence curves produced by the model (with and without erosion), (bottom left) subsi-
dence curves for thermotectonic age 250 Ma (a,=250 km), and (bottom right) subsidence curves for ther-

motectonic age 400 Ma (a~=250 km). Shaded dashed lines show predictions of the respective McKenzie
models. '
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Figure 4b. Integrated strength evolution expressed in terms of EET (equivalent elastic thickness). (left)
EET evolution for initial thermotectonic age of 250 Ma. (right) EET evolution for initial thermotectonic age
of 400 Ma. Note that rapid increase in EET on the postrift phase is related to extension-induced replace-
ment of the weak crust by mantle/asthenosphere material, which rapidly becomes strong with cooling.
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Figure 5a. Structural and geodynamic interpretation of the numerical experiments for main stages of synrift
evolution of a rift with relatively “hot” (weak) structure.

breakup, and narrow and diffuse rifting. The response of a
young lithosphere is controlled by a single competent layer,
and thus the overall behavior is similar to that of the oceanic
spreading zones (Plate 1), already discussed, for example, by
Buck and Poliakov [1998]. Synthesis of the experiments on
the behavior of older lithosphere is presented in Figure 5. The
following phases are predicted.

4.3. Intermediate Themotectonic Age (Structure 2)

1. The deformation in Figure 5a is first concentrated in the
deepest thin competent mantle layer, resulting in a rapid sub-
sidence. This layer is soon disrupted in the middle, and the
extension switches to the shallower lower crustal layer. In
spite of that, the boundary conditions correspond to passive
rifting; the induced uplift of hot asthenosphere seemingly
plays a major role in the extension of the bottom layers due to
their strong strain rate and temperature sensitivity.

2. The space in the middle previously occupied in phase 1
by ruptured strong mantle layer is filled with ductile crustal
material from above and with weak mantle/asthenospheric
material from below. The outflow of the ductile crustal mate-
rial to the center of the basin temporally accelerates surface
subsidence. If subsidence is followed by fast synrift sedimen-
tation, this outflow results in outward lateral spreading of the
ductile upper crust, which provokes further acceleration of
surface subsidence.

3. If rifting continues after phase 2, the strong lower crustal
level also becomes ruptured, both as a result of accelerated
thermal weakening by direct heating from the ascending as-
thenosphere and as a result of flexural yielding. The space
previously occupied by strong lower/intermediate crustal layer
is filled with ductile upper crustal material, which spreads
down to the lower crustal depth until direct contact with the

uplifted hot mantle/asthenosphere. This contact has crucial
consequences because the viscosity of this quartz-rich material
is hypersensitive to heat, so that the upper crustal layer rapidly
weakens, resulting in its accelerated lateral spreading and sur-
face subsidence. Partial melting in the upwelling astheno-
sphere and intrusion of melts in the crust (not accounted for in
this study) may also result in additional weakening of the
overlying crust.

4. In the long term, extension leads to “overstrengthening”
of the lithosphere, which is additional strengthening compared
to the “normal strengthening” due to cooling first discussed by
England [1983] and Dunbar and Sawyer [1988]. This over-
strengthening is associated with structural and rheological
changes provoked by thinning. As was quantitatively shown
by Burov and Diament [1995], for a simple steady state geo-
therm the thinner the crust, the stronger the lithosphere. In-
deed, when the mantle/asthenosphere layer approaches the
surface, it rapidly cools and strengthens due to the steep near-
surface geothermal gradient [e.g., England, 1983]. This results
in gradual strength recovery of the mantle/asthenosphere layer
beneath the extended upper crust. If mechanical coupling of
this layer with the crust occurs, the coupling leads to dramatic
increase of the flexural resistance of the system, and conse-
quently in the abrupt retardation of the thermal subsidence.
Because of nonlinear sensitivity of the mantle to the tempera-
ture variations, on the postrift stage the flexural strength re-
covers and grows faster than the rate at which thermal distri-
bution returns to the pre-rift steady state. Crustal material is al-
ready weak at 300°C, whereas the mantle/asthenospheric ma-
terial is much more resistant and needs to reach 700-800°C for
creep activation. Mantle/asthenosphere uplifted to the crustal
depth cools below 700°C and becomes far stronger than the
crust. Consequently, the flexural strength of the system in the
center of the basin becomes higher than that before extension
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Figure 5b. Main stages of synrift evolution of a rift with initially “cold” (strong) structure.

(Figure 4b). It also becomes higher than that just outside the
borders, which correspond to the predicted secondary zones of
flexural weakening (Figures 1b and 1c). It is thus the border
areas that become new zones of potential rifting, providing a
mechanism for the lateral migration of rifts [e.g., Ebinger et
al., 1999]

For example, in the case shown in Figure 2 the initial EET
of the lithosphere is roughly equal to 4, (=0) - EET, (+=0) ~
25 km, where 4, is the depth of mantle creep activation, which
corresponds to the isotherm 700-800°C (A, ~65-70 km for
250 Myr old lithosphere), and EET, is the thickness of the
competent crustal layer only. With /=4, 50 Myr after exten-
sion the isotherm 700-800°C is found at 40-45 km depth and
T, (=50 Ma) = 1/4 T, (+=0). At pressures corresponding to the
40 km depth the mantle rocks flow at 600°C, which yields 4.

~ 35-40 km and EET values. (. (=50 Ma) - T, (=50 Ma)) of
about the initial value of 25 km. At 100 Ma, EET beneath the
basin will be about twice the preextensional value, which is
~1.5 times higher than the upper bounds on “normal” ‘EET in-
crease due to cooling with age [Burov and Diament, 1995].

5. For the postrift phase evolution the two-dimensional
(2D) experiments confirm the analytical 12 D results by
Burov and Cloetingh [1997] (Figures 1b and 1c). These results
were derived using a small strain thin layer model, which ap-
plied equivalent normal stresses to simulate ero-
sion/sedimentation and did not account for the intermediate
crust, faulting, and asthenospheric flow. Our new large-strain
2 D experiments confirmed that in the case of strong postrift
sedimentation the basement may flex down at a rate exceeding
the thermal subsidence rate, so that the incoming surface load

POSSIBLE NEW RIFTING ZONE

[ }brittie upper crust o

& sediment
[ Jweak upper crust

strong to ductile lower crust
B strong mantie

[T} weak mantie
[ 7] asthenosphere

Figure 5c. Postrift evolution of a large basin (strong extension).
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is compensated. in the ductile crust. Sedimentary load is a
thermal insolator, and it retards cooling of the lithosphere be-
neath the basin [e.g., Stephenson et al., 1989]. In our model,
sedimentary loading also results in flexural weakening of the
underlying layers, an effect predicted by Burov and Diament
[1992], Burov and Cloetingh [1997], and Lavier and Steckler
[1997] (Figure 1b). The thermomechanical effects of sedi-
mentation are opposite to those of interlayer coupling and
strengthening due to cooling. The subsidence rates in the
postrift stage are thus strongly controlled by the interplay be-
tween the mechanical strength of the basin and accumulation
of the sedimentary load. In all cases the lithosphere is
flexurally weakened not only beneath the center of the basin
but also immediately outside of the rift flanks, confirming the
small strain models of Burov and Cloetingh [1997] (Figures
1b and 1c). The new experiments demonstrate that with
strengthening of the center of the basin on the late synrift and

early postrift stages, these external areas of weakening become:

possible candidates for localization of secondary rifting
zone(s). The accumulation of the sedimentary load results in
lateral spreading (Figures 2b, 3b, and 5) of the basin and, natu-
rally, in additional superficial extension. Postrift extension
can be driven by lateral flow in the ductile crust and by asthe-
nospheric flow induced partly by gravity spreading and partly
by the development of a convective instability in the astheno-
sphere [e.g., Fleitout and Froidevaux, 1982; Huismans et al.,
2001], allowing the creation of secondary rifting zones
without any far-field extension. Such secondary or diffuse
rifting zones were not reproduced in the previous studies. In-
stead, lateral migration or broadening of rift zones had been
attributed solely to flexural rotation of faults to angles unfa-
vorable to extension [e.g., Buck, 1991; Forsyth, 1992].

4.4. Strong Cold Lithosphere (Structure 3)

The evolution of old and cold lithosphere (Figure 5b)
demonstrates mostly the same effects as obtained for the in-
termediate aged lithosphere in section 4.2. The major differ-
ence is that the deformation starts from the mantle layer but
then is rapidly distributed between the lower crustal and man-
tle layer. The resulting basin is narrow. The complete rupture
of the lower crustal layer is less likely than in the previous
younger case. Yet this depends on the duration of rifting and
lower crustal rheology, both of which may vary at important
extent. The flow in the ductile upper crust is limited to shal-
lower levels. In the case of no important synrift erosion and
long extension (Figure 4a,b), the lithosphere cools down and
strengthens ~1.2-1.5 times faster than in the case of synrift and
immediate postrift sedimentation. Consequently, the effect of
sedimentation (thermal blanketing) on late stages of extension
is partly equivalent to that of a hotter initial geotherm.

4.5, Polyphase Subsidence, Duration of the Synrift Phase,
Subsidence History, and Level of Necking

Figures 2 and 3 show that the extension may be localized
simultaneously or consequently on different horizontal levels.
For this reason, there will be no single level of necking, in

contrast to what was suggested by Braun and Beaumont
[1989], but there will be two or three of them. The postrift be-
havior of the rift system is thus highly dependent on which
level(s) the extension was localized at the end of the synrift
phase. In nature the duration of this phase may vary for it is
controlled by external factors, especially in the case of passive

BUROV AND POLIAKOV: EROSION AND FEM RIFT MODELS

rifting. In the experiments shown in Figures 2 to 5 the synrift
phase was quite long (7 Myr). As can be seen, by the end of
this period the rift structure does not change any more, and the
postrift subsidence will follow more or less the same scenario.
In turn, if the extension stops earlier at 1, 2, or 3 Myr, the dif-
ference in the following postrift behavior will be crucial. In
this case, the subsidence history and response to possible
postrift compression or extension depends on which structural
level(s) (mantle or lower or upper crust or two or all of them)
the extension was localized at the end of rifting. This level de-
pends not only on the amount of extension but also on its rate,
which controls both the rheological response and synrift heat
exchanges. Consequently, for equivalent initial thermo-me-
chanical structures and amounts of synrift extension, one can
obtain very different postrift subsidence histories. For exam-
ple, extension may stop when the strong mantle level is not yet
destroyed. In this case the system will behave as a rift with a
low level of necking. In turn, if extension terminates after the
rupture of the mantle level, the following behavior will corre-
spond to shallow or intermediate level of necking.

4.6. Postrift Uplift and Delayed Subsidence

1. Similar to predictions made in a number of past and on-
going studies [Buck, 1986; Huismans et al, 2001; R.S.
Huismans and Y.Y. Podladchikov, Necking and finite ampli-
tude convective instability of the lithosphere, submitted to
Geophysicical Research Letters, 2000], our model shows that
the extension may provoke an instability in the advected as-
thenosphere, which first starts to ascend in a passive mode but
then can continue upwelling in the active mode. This ascent
results in supplementary extension (transition from passive to
active rifting) followed by retarded postrift uplift or doming
which occurs several million years after the synrift phase. In-
deed, such uplift is well represented in the experiments on the
“old” lithosphere (Plate 2, bottom right).

2. The other reason for delayed postrift subsidence or uplift
is inward ductile crustal flow resulting from postrift gravity
collapse of the rift flanks. This effect will be important only
for relatively narrow basins.

3. Postrift subsidence can be also retarded in a result of
formation of strong mantle-asthenosphere layer and its cou-
pling with the crust.

4.7. Influence of Erosion

1. The 2 D experiments confirm that the sedimentary load-
ing and erosional unloading control lateral crustal flow. A part
of uplift/subsidence associated with surface loading may be
accommodated in the ductile crust. In this case the surface
subsidence occurs relatively independently of the mantle sub-
sidence. Dependent on the rheological state and initial crustal
geometry, the interaction between the surface and subsurface
processes controls up to 50% of the total subsidence.

2. The thermomechanical consequences of the sedimenta-
tion have an overall impact on the lithospheric behavior (e.g.,
Figures 3b and 3c): Erosion effectively localizes and
accelerates deformation on large faults so that formation of the
principal border faults depends on the activity of the surface

processes. Isostatic uplift of the rift shoulders in response to
erosion is an important mechanism that maintains a high rate
of material flux from the hillslopes. However, erosion on the
drainage divides formed by the rift flanks results in their re-
treat from the center of the basin even without concurrent tec-
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tonic extension. At the same time, the sedimentary wedge mi-
grates toward the center of the basin [e.g., van Balen et al.,
1995] (Figure 4 and Plate 2). Such migration of the sedimen-
tary load causes stress variations and characteristic strati-
graphic onlap patterns that can be matched with the observa-
tions. The geometry of the rift shoulders and stratigraphic
patterns are also highly dependent on the assumed erosion law
(equations (1-3)).

3. When the erosion (and sedimentation) is slow, the basin
is underfilled and, consequently, undercharged, and its subsi-
dence is retarded. The related pressure gradients are insuffi-
cient to counteract the pressure gradients due to density con-
trasts between the crust and mantle beneath the rift shoulders.
The net flux in the lower crust can be reversed in this case. It
will thus retard the subsidence of the basin and accelerate
collapse of the rift shoulders, similar to what was shown by
Burov and Cloetingh [1997] for the postrift phase only. For
narrow rifts with thick ductile crust, this flux may produce a
local domal uplift at the end of the synrift/beginning of the
postrift phase (see discussion above).

4. Accumulation of the eroded matter requires an adequate
increase of the basin volume in time. This can occur both in
the vertical and horizontal directions by increase of the depth
of the basin due to subsidence or by progressive horizontal
spreading and onlap of sedimentary deposits. The result of the
latter process is widening of the basin and its “self-extension.”
This gravity-driven extension is also facilitated by secondary
postrift extension due to diverging flow in the lower crust.

5. In nature, erosion cannot respond immediately to the
changes in the surface uplift because it is influenced by a
number of nontectonic factors, such as regional climate. Time
is also needed for the sediments derived on the slopes to reach
the basin and for the lower crust to respond to the changes in
the surface load. This may introduce delays in the feedback
between the surface and subsurface processes that, as well
known from the basics of the automatic control theory, results
in oscillations in the system, especially in cases of rapid
changes in the system input or in the feedback loop. Hence
one can predict some extensional and compressional oscilla-
tions, as well as oscillations in the subsidence rate caused by
temporal disbalances between subsurface and surface
processes. Such oscillations in the rate of basin subsidence are
reproduced in the numerical experiments and in several natu-
ral examples (e.g., Dnieper-Donez basin). Although the latter
can be probably explained by eustatic changes, the "feedback"
nature is also not excluded.

5. Conclusions

Extension of multilayered lithosphere develops as a se-
quence of accelerated subsidence phases provoked by non-
simultaneous weakening and ruptures of competent rheologi-
cal layers separated by weak ductile layers. Synrift basin sub-
sidence results from differential thinning of these layers (this
is not a new result) but equally (new quantitatively demon-
strated result) from lateral and downward outflow of the duc-
tile crustal material provoked by synrift surface processes and
ruptures of the competent layers.

Some results of this study existed previously in the form of
qualitative geological ideas, which now find a quantitative
validation in a physically consistent model. In this study we
demonstrated the following:
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1. For typical initial lithospheric structures and apparent co-
efficients of extension (from 2 to 5), crustal flow coupled
with surface processes accelerates synrift subsidence rates by a
factor of 1.5-2, increases crustal thinning by a factor of 1.5-2,
and preserves uplifted rift shoulders on the time scale of 1 to
50 Myr (Figure 4). Coupling results in variations in the width
of the basin during both synrift and postrift phase and drives
secondary extension during the postrift phase. Misbalanced
surface processes result in the opposite effect: They facilitate
collapse of rift shoulders, reduce synrift thinning, accelerate
postrift thickening, result in basin uplift, and drive some
postrifting compression. Delays (around 0.1 Myr) that may
naturally appear in the feedback between the tectonic action
(subsidence) and morphologic reaction (surface processes)
produce short timescale oscillations in the system (uplifts and
sinks without apparent reason).

2. The synrift erosion and sedimentation locally reduce re-
sistance to tensional strain via (1) localized reduction of the
thickness of the competent crustal layers and (2) flexural
yielding. This leads to amplification of crustal thinning by a
factor of 1.5. The role of synrift phase erosion is especially
important for young rifts (initial age < 50 Ma) or for those
with weak lower crustal rheology (e.g., quartz controlled),
where it may increase thinning and width of the rift basin by a
factor of 2. Dynamic redistribution of the surface load modi-
fies the strength of the underlying lithosphere (from 100%
strength reduction for < 50 Ma lithosphere to 20% for 400 Ma
lithosphere, Figure 4). This strength evolution results from the
previously known thermal effects [e.g., Stephenson et al.,
1989] and in equal degree from inelastic flexural effects (pre-
dicted for postrift phase only by Burov and Cloetingh [1997]).
Flexural yielding significantly modifies synrift and postrift ge-
ometry of strong and ductile crustal layers and Moho and par-
ticularly the level of necking.

3. In the “coupled erosion and tectonics” mode, synrift and
postrift subsidence occurs at rates that differ by 20-50% from
those inferred from commonly used models [McKenzie, 1978]
and can be characterized by long (1 to 10 Myr) periods of
stagnation or uplift resulting from interplay between different
rheological layers, crustal flow, and surface processes. In par-
ticular, rupture of the quasi-elastic core of the intermediate
crustal level results in rapid uplift of the mantle layer. Joining
(welding) of the rigid lithospheric layers followed by expul-
sion of the ductile crust results in temporal flexural
strengthening, polyphase subsidence, and widening of the ba-
sin. On the postrift phase, multiple periods of stagnation result
from interplay between the surface processes and the mechani-
cal response of the lithosphere.

4. For continental lithospheres older than 50 Ma and
characterized by a three-layered rheological structure (Figure
1c), interactions between various mechanical layers result in
different levels of necking for the same initial structure and
boundary conditions. During extension the level of necking
switches from deep competent layer (mantle, average depth
35-40 km) to the shallower intermediate crust (~25 km) and
then to the upper crust (~15 km). Depending on the duration
of the extension, initially morphologically and structurally
identical basins may start postrift subsidence phase from
shallow, intermediate, or low level of necking. Consequently,
the traditional definition of the level of necking cannot be used
directly to infer initial lithospheric structure or subsidence pa-
rameters, especially if one also takes in consideration the ef-
fect of necking level dependence on flexural yielding (conclu-
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sion 2). This also makes questionable the estimates of the B
factor inferred from present-day crustal geometries and back-
stripping reconstructions. It appears that the entire concept of
necking level should be revised to adopt the possibility of its
translation from one competent layer to another. This result
would mostly apply to small B factors < 3-5. For higher B
factors all layers couple together (e.g., late rifting stages
shown in Figures 2b and 3b and Plate 2).

5. Previously it was shown [e.g., England, 1983; Dunbar
and Sawyer, 1988] that extension may induce postrift
strengthening resulting from cooling and substitution of the
thinned crust by stronger (at low temperature) mantle mate-
rial. This explains late postrift reduction (at 20-50 Myr) of the
subsidence rate. Our study shows that for B > 3, strengthening
commences much earlier, during the extensional episode (after
2-5 Myr depending on the extension rate). At this moment it is
produced by interlayer coupling, not by strengthening due to
cooling, because the latter is compensated by thermal [e.g.,
Stephenson et al., 1989; Lobkovsky and Kerchman, 1992;
Lavier and Steckler, 1997] and flexural weakening effects
[Burov and Cloetingh, 1997] during at least the first 10-20
Myr after the onset of extension.

6. In contrast to most previous studies [e.g., England, 1983;
Dunbar and Sawyer, 1988], and in confirmation of some
qualitative analytical results obtained by Burov and Cloetingh
[1997], we show that postrift strengthening results in stronger
EET values in the middle of the rift basin than immediately
outside its flanks. The rift flank areas stay weak because they
are permanently locally weakened by flexure (Figures 1b,1c,
and 5) and by enhanced conductive and also as convective
heat transport in the lithosphere and lithosphere, respectively,
beneath the borders of the extended area. If extension
continues, these areas nucleate new rifting. This rift initiation
is a larger-scale feature than the results of Lavier et al. [2000]
on short distance normal fault jumping in extending ideal brit-
tle layer. This secondary rifting may not require any new far-
field extensional episode because stresses produced by gravity
spreading and induced flows in the ductile crust and the asthe-
nosphere are already sufficient. Interplay between strengthen-
ing and extension at the end of a-long (e.g., > 5 Myr) synrift
phase or at the beginning of a postrift phase may explain so-
called abandoned rifts.

Two effects demonstrated in this study produce opposite
actions at the end of synrift and during the whole postrift
phase. The first effect is acceleration of subsidence resulting
from: (1) coupling between the surface and subsurface
process, (2) flexural weakening due to increasing sedimentary
load, (3) retardation of cooling due heat screening by sedi-
ments, (4) thinning of the competent crust by the surface ero-
sion. The second effect is retardation of subsidence resulting
from replacement of the weak crust by stronger man-
tle/asthenosphere material and interlayer coupling. If these ef-
fects compensate each other during some stages of rift evolu-
tion, then the resulting net subsidence rate in these stages re-
mains close to that inferred from the commonly inferred ther-
mal model of McKenzie [1978], explaining why observed sub-
sidence can be fit by this model in many areas [e.g., White and
McKenzie, 1988]. Yet any misbalance between these above
factors yields strong deviations from the “common” behavior.
Even though the model is capable of explaining many known
complexities of basin evolution without the necessity of
evoking external mechanisms such as phase transitions or in-
version of the tectonic stresses and eustasy, it still does not
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preclude the possibility that the external processes do take
their part in a number of situations.

Appendix A: Numerical Model

Figure 1c presents setups for different numerical models
based on the finite-element code Parovoz [Polyakov et al.,
1993]. The size of the mesh elements varied from 250 m x
250 m to 500 m x 500 m. Parovoz allows for mixed brittle,
elastic, viscous, and non-Newtonian temperature-, stress- and
strain-rate-dependent power law rheology and complex geo-
metrical structures. This method belongs to the fast lagrangian
analysis of continua (FLAC) family [Cundall and Board,
1988; Cundall, 1989] of large strain fully explicit time-
marching numerical algorithms exploiting the Lagrangian “
moving grid ” method. The latter allows for solution of
Newton's equation of motion in large strain mode holding a
locally symmetric small strain formulation commonly used in
continuum mechanics. The method can reproduce initializa-
tion and evolution of nonpredefined faults (treated as large
shear bands), which is crucial for the goals of the given study.
This algorithm was described by Cundall [1989] and Poliakov
et al. [1993]. Additional details on its later geodynamic ver-
sion can be found in Burov and Guillou-Frottier [1999].

The code solves Newton equations of motion in continuum
mechanics formulation:

pav,/al - 60,/0)9 -pPgi= 0.

where v is velocity, g is the acceleration due to gravity, and p
is the density. Solution for velocities at mesh points is used to
calculate element strains €. These strains are employed in the
constitutive relations yielding element stresses oj; and equiva-
lent forces pov/0t, which provide input for the next calculation
cycle. To allow for explicit solution of the governing equa-
tions, the algorithm employs a dynamic relaxation technique
based on the introduction of artificial inertial masses in the
dynamic system. The adaptive remeshing technique permits
handling of strain localizations resulting in formation of faults.
This method does not imply inherent rheology assumptions, in
contrast with common finite element techniques.

Al. Faulting and Continuity

It is very difficult to localize and create “real” discontinu-
ous faults in continuum plasticity code. As was shown by
Cundall [1990], in most cases that are relevant to our study
they can be effectively replaced by plastic shear bands at a
price of using a fine numerical grid. The continuum model al-
lows the capture of essential mechanisms that occur in the
early stages of localization, in which isolated spots of yielding
coalesce to form distinct bands which may then interact with
one another. When there is no imposed stress concentrations,
the formation of a shear band may be triggered by arbitrary
small variations in stress or material properties. For example,
in case of plastic rheology, every element in the numerical grid
may be given a slightly different value of friction angle (<2°)
drawn at random from normal distribution with a mean fric-
tion angle (30°). For our study (mixed rheology) it was more
convenient to introduce an equally small chaotic variation in
the geometry of the elements. The numerical tests for uniaxial
deformation and elastic/perfectly plastic rheology with zero
cohesion have shown that the shear bands form at angles (6)
very close to theoretical predictions of n/4+y/2 < 6<w/4 + ¢,
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where y is dilatancy and ¢ is the friction angle [Cundall,
1990].

A2. Thermal Model

The mechanical properties and density are temperature-de-
pendent, and the mechanical balance equations are coupled
with heat transport equations:

div(kVT)-pC,0T/0t+H, = vVT,

where v is velocity tensor, C, is the specific heat, k is the
thermal conductivity tensor, 151) is radiogenic heat production
per unit volume (here we use the commonly inferred values
adopted, e.g., by Burov and Diament [1995] (Table 1). Tech-
nically, solutions of the right-hand side (diffusive) and left-
hand side (advective) are separated: the latter is calculated
automatically when solving the equations of motion, whereas
the former is computed using a separate procedure.
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